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Abstract. The north-south heat transport is the prime manifestation of the ocean’s
role in global climate, but understanding of its variability has been fragmentary
owing to uncertainties in observational analyses, limitations in models, and the
lack of a convincing mechanism. We review the dynamics of global ocean heat
transport variability, with an emphasis on timescales from monthly to interannual.
We synthesize relatively simple dynamical ideas and show that together they
explain heat transport variability in a state-of-the-art, high-resolution ocean
general circulation model. Globally, the cross-equatorial, seasonal heat transport
fluctuations are close to±3×1015 watts, the same amplitude as the seasonal, cross-
equatorial atmospheric energy transport. The variability is concentrated within 20◦

of the equator and dominated by the annual cycle. The majority of the variability
is due to wind-induced current fluctuations in which the time-varying wind
drives Ekman layer mass transports that are compensated by depth-independent
return flows. The temperature difference between the mass transports gives rise
to the time-dependent heat transport. It is found that in the heat budget the
divergence of the time-varying heat transport is largely balanced by changes in
heat storage. Despite the Ekman transport’s strong impact on the time-dependent
heat transport, the largely depth-independent character of its associated meridional
overturning streamfunction means that it does not affect estimates of the time-
mean heat transport made by one-time hydrographic surveys. Away from the
tropics, the heat transport variability associated with the depth-independent gyre
and depth-dependent circulations, is much weaker than the Ekman variability. The
non-Ekman contributions can amount to a 0.2–0.4×1015 watts standard deviation
in the heat transport estimated from a one-time hydrographic survey.

1. Introduction

1.1. Motivation

The turbulent circulations of the ocean and atmosphere
influence climate in a complicated exchange of heat, mass,
and momentum. The complexity of this system coupled with
its sparse observational coverage has made interpretation
and understanding of several crucial processes difficult. Fur-
ther, its intricacies limit our ability to predict anthropogenic
impacts on climate. This paper addresses the ocean’s role in
climate by investigating temporal variability in ocean heat
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transport, with an emphasis on global ocean dynamics.

Estimates of the time-mean ocean heat transport show
that the ocean carries the same order of magnitude of en-
ergy away from the tropics towards the poles as the atmo-
sphere [Vonder Haar and Oort, 1973; Hastenrath, 1982;
Carissimo et al., 1985;Peixoto and Oort, 1992;Trenberth
and Solomon, 1994; Keith, 1995; Trenberth et al., 2000].
Keith [1995] concluded that the time-mean ocean heat trans-
port calculated as the residual to close the atmospheric en-
ergy budget, has achieved the same accuracy as direct hy-
drographic methods. Though the uncertainties in the trans-
ports may be as large as 0.7 PW (1 PW = 1015 watts) and
errors still remain in the partition between the ocean and at-
mosphere, the estimates are believed to be good enough to
constrain coupled ocean-atmosphere climate models.Mac-
donald and Wunsch[1996] made a dynamically and kine-
matically consistent estimate of the global oceanic transports
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of mass, heat, and freshwater based on an inverse model
of a collection of one-time hydrographic sections. With
the completion of the World Ocean Circulation Experiment
(WOCE) more hydrographic sections are now available and
a better estimate will be possible [e.g. Ganachaud, 1999;
Ganachaud and Wunsch, 2000]. While uncertainties still ex-
ist, the sign of the time-mean ocean heat transport is known
over the global ocean and quantifiable error estimates can be
made.

Since the time-mean of heat transport has been reason-
ably addressed, it is timely to consider its time-dependence.
Neither its nature nor its magnitude are well known, with
conflicting estimates differing not only in magnitude, but in
sign as well. Therefore, it represents a large gap in our un-
derstanding of the ocean’s dynamics. Furthermore, the ener-
getic variability in the ocean due to mesoscale eddies, wave
motions, or atmospherically driven transients, may or may
not impact our ability to observe the time-mean transport.
One of the uses for hydrographic surveys, either single lines
or large international programs such as WOCE, is that the
annual-mean ocean heat transport at a latitude is estimated
from a one-time ocean section. These estimates of heat
transport rely on the method used byHall and Bryden[1982]
or on inversions of hydrographic data [e.g. Roemmich and
Wunsch, 1985;Macdonald and Wunsch, 1996]. However,
if there is strong ocean variability, the estimate of the heat
transport may be badly corrupted.Hall and Bryden[1982]
assessed the potential error introduced by eddy noise on their
estimate of the heat transport at 24◦N and found that it could
be as large as 25% of the total and was the largest error in
their estimate. Additionally, seasonal biases may corrupt es-
timates of heat transport owing to the predominance of sum-
mer time oceanographic field work, particularly at high lati-
tudes. Therefore, it is important that the ocean heat transport
variability be quantified and its impact on hydrographic heat
transport estimates be evaluated.

1.2. Background

Throughout this paper we will define as the northward
“heat transport” the integral of the productρcpθv over the
area of a zonal ocean section, whereρ is thein-situ density,
cp the specific heat per unit mass of water at constant pres-
sure,θ is the potential temperature andv is the northward
velocity. Warren [1999] points out that this is an approxi-
mation to the internal energy transport, or more accurately
the transport of enthalpy plus potential energy, and would be
more appropriately referred to as such. However, by conven-
tion the vernacular terminology of “heat transport” shall be
used.

The concept of “Ekman heat transport” and the physics
underlying it is the key to understanding a large part of the

time-varying ocean heat transport. It was used for estimat-
ing heat transport from observations byBryan[1962],Kraus
and Levitus[1986] and then later byLevitus[1987],Adamec
et al.[1993] andGhirardelli et al.[1995]. Kraus and Levitus
[1986] give the definition of the Ekman heat transport as the
following integral across a coast-to-coast zonal section:

QE(t) = −
∫
ρ0cp

τx
fρ0

(
TEk − 〈[θ]〉

)
dx (1)

wheref is the Coriolis parameter,ρ0 is the reference den-
sity, TEk(x) is the temperature of the surface Ekman layer,
〈[θ]〉 is the section-averaged potential temperature,τx(x) is
the zonal wind stress. This equation expresses the heat trans-
port as the integral of the meridional Ekman-layer mass flux,
−τx/(fρ0), which is at right angles to the wind, times the
difference between the Ekman layer temperature and the sec-
tion averaged potential temperature. It implies that for any
given section the mass transport in the Ekman layer is com-
pensated by a return flow distributed uniformly across the
depth and zonal extent of the section.

The question arises whether (1) is merely a definition to
facilitate convenient book-keeping, with no relation to any
real phenomenon necessarily implied. On the other hand, it
could be that, under some circumstances, (1) appropriately
describes a physical process and merely needs to be placed
in a proper theoretical framework. We will show that the
latter is true. The critical quantity is the (assumed or real)
temperature profile of the flow returning the Ekman mass
transport. In particular, the studies cited above assumed that
the time-mean and the time-dependent Ekman return flows
have the same depth structure, which we will show to be
incorrect.

There are other difficulties in interpreting the role of the
Ekman heat transport in climate processes. First, the Ekman
heat transport is only one component of the total transport;
changes in it may be unaffected, reinforced or completely
offset by changes in other parts of the system. Second, the
concept of Ekman transport is not applicable within a few
degrees of the equator as the Coriolis parameter vanishes
there. Third, none of the observational investigations can
take into account the finding ofBryan[1982] that the merid-
ional wind plays an increasingly important role as one ap-
proaches the equator.

The assumption that the return flow for the time-varying
Ekman transport is “barotropic” (independent of depth),
finds some support from theory of time-dependent ocean
circulation [Veronis and Stommel, 1956;Willebrand et al.,
1980] and modeling studies [Bryan, 1982;Böning and Her-
rmann, 1994], but a comprehensive dynamical argument is
still outstanding. Furthermore, there is neither a theoretical,
nor an observational, nor a modeling basis to assume that
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the time-mean Ekman transport should be returned barotrop-
ically. In fact, Anderson et al.[1979] andWillebrand et al.
[1980] clearly indicate that a time-mean forcing drives a cir-
culation which is strongly influenced by stratification and
nonlinear effects and generally is not barotropic. More re-
cently, Klinger and Marotzke[2000] have argued that the
time-mean Ekman layer mass transport is returned at rela-
tively shallow depths. Given a typical ocean temperature
distribution, a shallower return flow translates into a warmer
return flow and decreases the strength of the heat transport
compared to a barotropic return flow. Therefore, while the
time-dependent portions of the Ekman heat transports, de-
fined by (1), may well be reliable estimates, the time-mean
component should be viewed with suspicion.

While some of the dynamics underlying the role of the
fluctuating wind stress in forcing ocean heat transport vari-
ability have been discussed in previous studies, they have
never been put together in a cohesive argument. The first
studies to examine the issue were those byBryan and Lewis
[1979] andBryan [1982] who used a global ocean general
circulation model forced with observed wind fields. In his
seminal discussion,Bryan[1982] argued that changes in the
zonally integrated wind stress lead directly to changes in the
Ekman mass transport, which cause a compensating baro-
tropic flow. The resulting meridional overturning circula-
tion leads to a time-dependent heat transport as water in the
Ekman layer is warmer than that of the compensating flow.
However, there was only a weak theoretical underpinning
for these arguments. Furthermore, the time-mean response
is combined with the time-varying response in the analysis,
making interpretation difficult and obscuring the fact that the
dominant physics which determines the mean flow is differ-
ent from that which determines the time-varying flow.

Aspects of the ocean response to variable forcing were
explained byWillebrand et al.[1980]. They provided a the-
oretical basis for the response of the ocean to forcing on
large spatial scales at time scales longer than a day. How-
ever, their work did not directly address ocean heat transport.
They used a one-layer shallow water model and arguments
based on quasi-geostrophy which explicitly exclude the dy-
namics that will be shown to be responsible for the season-
ally varying ocean heat transport.Willebrand et al.[1980]
showed that the fluctuating part of the wind stress drives
ocean variability that is governed by linear, barotropic dy-
namics in latitudes away from the equator [see alsoGill and
Niiler, 1973;Philander, 1978]. Furthermore, despite claims
to the contrary [Bryden et al., 1991], there is observational
evidence of deep ocean currents forced directly by time-
varying wind stress fields [Koblinsky and Niiler, 1982;Niiler
and Koblinsky, 1985;Brink, 1989;Koblinsky et al., 1989;
Luther et al., 1990;Samelson, 1990;Chave et al., 1992;Ni-

iler et al., 1993]. There is also observational evidence of
large-scale wind forcing of sea-surface height fluctuations
[Fu and Davidson, 1995;Chao and Fu, 1995;Fu and Smith,
1996;Fukumori et al., 1998;Stammer et al., 2000;Tierney
et al., 2000].

The work of Willebrand et al.[1980] is only applica-
ble to the middle- and high-latitude oceans. A connection
to the low latitudes and in particular the equator must be
made. Some progress on this problem was made bySchopf
[1980], who used an idealized model of the ocean to discuss
the role of variable wind forcing in the tropical ocean heat
transport. He found that heat transport variability near the
equator could be described by a simple linear Ekman trans-
port model. Directly on the equator where the definition
of Ekman transport becomes meaningless since the Corio-
lis parameter is zero, he argued that by continuity, the pres-
sure force directly drives the seasonally-varying flow across
the equator. However,Schopf [1980] work was done on
a one-hemisphere model, and his boundary conditions re-
quired that the flow be symmetric about the equator. There-
fore, it is warranted to examine whether his findings apply
to a global model.

This paper evaluates the theoretical arguments for using
an equation of form (1) and determines when, where, and
how it is appropriate to use it to describe the ocean. In
many respects the trio of studies byWillebrand et al.[1980],
Schopf[1980], andBryan [1982] provides the pieces for a
dynamical picture of the driving of the seasonal ocean heat
transport by the seasonally varying wind. However, these ar-
guments have never been gathered together in a cohesive the-
ory, and have not generally been embraced by the current lit-
erature. For example,Garternicht and Schott[1997] corre-
lated heat transport and wind stress fluctuations, but they did
not provide a detailed dynamical explanation. Most recently,
Kobayashi and Imasato[1998] diagnosed the seasonal vari-
ability of the heat transport using the observed wind stress
and hydrographic data. Again, however, no dynamical justi-
fication for the calculation is given. Finally, the global nature
of the heat transport variability has not been visited since
the work ofBryan[1982] as more recent investigations have
explored individual basins:Böning and Herrmann[1994];
Yu and Malanotte-Rizzoli[1998] in the Atlantic Ocean, and
McCreary et al.[1993], Wacongne and Pacanowski[1996],
Garternicht and Schott[1997] andLee and Marotzke[1998]
in the Indian Ocean.

1.3. Structure

This paper connects the observations and modeling work
of the seasonal cycle of heat transport to a more dynamical
description. First, the previous estimates of the seasonal cy-
cle of heat transport are summarized (Section 2). Second,
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a state-of-the-art ocean general circulation model (OGCM)
is used to understand the response of the ocean’s meridional
overturning to the seasonally varying wind stress (Section
3). Next, the fluctuations in the circulation owing to the wind
stress variability are related to the ocean heat transport (Sec-
tion 4). Section 5 presents a comparison of the model’s heat
transport variability to prior estimates from observations and
models, an examination of the seasonal heat balance to un-
derstand the impact of the time-varying heat transport on the
local heat budget, and a discussion of the implications of
heat transport variability on observing the time-mean heat
transport. Conclusions follow in Section 6.

2. A summary of previous methods

The seasonal cycle of ocean heat transport has been the
subject of several avenues of investigation. Direct observa-
tion of the time-dependent heat transport by the ocean on
any reasonable timescale is prohibited by the impossibil-
ity of sampling the full ocean depth over the vast range of
spatial scales required. There have been a handful of stud-
ies that have addressed the variability of the heat transport
across single zonal sections, notably the work ofMolinari
et al. [1990] andBaringer and Molinari[1999] at 26.5◦N
and Sato and Rossby[2000] at 36◦N in the Atlantic and
the model based analysis byWilkin et al. [1995] at 24◦N
in the Pacific. Though hydrographic surveys do provide
some measure of the eddy variability along their sections,
they are strongly aliased in time. Therefore, estimates of the
global variability have had to rely on indirect approaches.
These have been based on models [Bryan and Lewis, 1979;
Bryan, 1982] or observed changes in oceanic heat storage,
combined either with atmospheric and satellite observations
[Oort and Vonder Haar, 1976;Carissimo et al., 1985], sur-
face flux observations [Hsiung et al., 1989] or wind-stress
and surface temperatures to estimate changes in the Ekman
component of the heat transport [Kraus and Levitus, 1986;
Levitus, 1987;Adamec et al., 1993;Ghirardelli et al., 1995].

2.1. Atmospheric estimates

Oort and Vonder Haar[1976] used a combination of
satellite radiation, atmospheric radiosonde, and oceanic heat
storage data to calculate the ocean heat transport in the
Northern Hemisphere as the residual necessary to close the
energy balance at the top of the atmosphere. They inferred
large seasonal variations particularly in the tropics where
the oceans transport large amounts of heat across the equa-
tor from the summer hemisphere to the winter hemisphere.
Carissimo et al.[1985] updated the study ofOort and Von-
der Haar [1976] using data covering the entire globe. They
too found a large seasonal variation in the ocean’s inferred

heat transport. Peak to peak, their annual cycle of ocean heat
transport across the equator was 7.3± 3 PW. Over the mid-
latitudes, the amplitude was smaller, but still directed north-
ward during boreal winter (austral summer) and southward
during boreal summer (austral winter). The large errorbars
on this estimate are largely due to the poor quality and gen-
eral lack of ocean heat storage data available at the time of
their study.

2.2. Ekman heat transport

Kraus and Levitus[1986] calculated the annual heat trans-
port variations across the Tropics of Cancer and Capricorn
by the Ekman heat transport, using equation (1) and found
that the amplitude of the annual cycle was the same or-
der of magnitude as the annual mean Ekman heat trans-
port in both the Pacific and Atlantic Oceans. This work
was extended byLevitus[1987] who calculated the Ekman
heat transport for all three ocean basins over their latitudi-
nal extents using climatological data sets for temperature
[Levitus, 1982] and wind stress [Hellerman and Rosenstein,
1983]. The essential premise of these calculations is that
the atmospheric wind stress drives an Ekman transport in
the surface layer which is accompanied by a compensat-
ing return flow which is distributed evenly over the zonal
section. More recentlyAdamec et al.[1993] used wind
stress values and temperatures computed from the Compre-
hensive Ocean-Atmosphere Data Set (COADS) to compute
the Ekman heat transport.Ghirardelli et al. [1995] used
satellite derived wind stress from the Special Sensor Mi-
crowave Imager (SSM/I) and sea surface temperature from
the Advanced Very High Resolution Radiometer (AVHRR).
All these studies qualitatively give the same picture of the
annual cycle of the Ekman heat transport. Over the World
Ocean the annual cycle is of order 8 petawatts peak to peak
in the tropics. It is strongest in the Pacific and Indian Oceans
and noticeably weaker in the Atlantic Ocean. Additionally,
the phase of the annual cycle reverses in the mid-latitudes at
around 20◦.

2.3. Ocean general circulation models

Global ocean general circulation models were used by
Bryan and Lewis[1979], Bryan [1982] andMeehl et al.
[1982] to explore heat transport variability.Bryan and Lewis
[1979] found a significant seasonally varying heat transport.
Meehl et al.[1982] added a seasonally varying, surface heat
flux forcing to a similar ocean model and used a wind stress
field which had both a semiannual harmonic and an annual
harmonic. Their results were similar to those ofBryan and
Lewis[1979] for the seasonally varying heat transport, with
the addition of a semi-annual signal in the heat transport due
to the different forcing fields.Lau [1978] also found a large
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annual cycle in the ocean heat transport, but did not directly
attribute it to the seasonal wind stress cycle.Bryan [1982]
found that while the zonal wind stress seasonal cycle forced
an ocean heat transport from the summer hemisphere to the
winter hemisphere, the seasonal cycle in the meridional wind
acted to suppress the heat transport seasonal cycle in the
tropics. This effect was strongest close to the equator where
a meridional surface layer transport can be driven directly by
the meridional wind, owing to the Coriolis parameter going
to zero there.

More recently, models of various resolutions have been
applied to basin-scale studies.Böning and Herrmann[1994]
andYu and Malanotte-Rizzoli[1998] have examined the At-
lantic Ocean, whileMcCreary et al.[1993], Wacongne and
Pacanowski[1996],Garternicht and Schott[1997], andLee
and Marotzke[1998] looked at the Indian Ocean. These
studies all found strong annual cycles in the ocean heat trans-
port and confirmed the importance of the wind on the ocean
heat transport variability. However, the Pacific Ocean has
not been investigated and there have been no recent model
studies of the global, time-dependent ocean heat transport
sinceBryan [1982] andMeehl et al.[1982]. Further, all
the above works use monthly wind stress fields and it is un-
known whether higher frequency wind stress fields will in-
troduce high frequency ocean heat transport oscillations.

2.4. In situ data

The most recent global estimate of the time-mean and
seasonal cycle of ocean heat transport was made byHsiung
et al. [1989] using ocean heat storage data calculated from
the Master Oceanographic Observations Data Set (MOODS).
They closed their energy budget at the ocean surface with
fluxes computed using the bulk formulae. The ocean heat
transport was calculated as the residual needed to close
the energy budget in the ocean after accounting for surface
fluxes and storage terms. This work expanded that ofLamb
and Bunker[1982] in the Atlantic to cover the Pacific and
Indian Oceans as well. Their estimate of the annual cycle
of heat transport across the equator by the ocean had a peak
to peak amplitude of 4.4± 1.4 PW. Overall, the picture of
the annual cycle they presented was consistent with that of
Bryan [1982], with the annual cycle reversing sign in mid-
latitudes, as was also seen in the studies of Ekman heat trans-
port discussed above. However, they found the annual cycle
lagged several months behind that ofCarissimo et al.[1985].

The consensus of the previous studies is that there is large
seasonal cycle driven by the seasonal cycle of wind stress.
However, there is disagreement about both its magnitude and
dynamics. The global studies byHsiung et al.[1989],Bryan
[1982] andLevitus[1987] give a generally consistent picture
of the seasonal heat cycle, though differing in details. In

contrast, the study ofCarissimo et al.[1985], stands out as
significantly different from the other estimates, most likely
because their data did not properly resolve the seasonal cycle
in ocean heat storage.

3. Variability in ocean meridional overturning

In this section, we examine the dynamics of the sea-
sonal changes in the ocean circulation and relate it to the
time-varying wind stress. In the next section (Section 4),
it will be shown how the seasonal changes in circulation
affect the ocean heat transport. To elucidate the the dy-
namics responsible for the variability, we present a descrip-
tion of the global characteristics of the high-frequency, time-
varying ocean heat transport from a state of the art OGCM,
[the Parallel Ocean Climate Model (POCM)Semtner and
Chervin, 1988, 1992;Stammer et al., 1996;McClean et al.,
1997]. The numerical simulation output from run 4B of the
POCM, is used to calculate ocean mass and heat transport
at three day intervals. The POCM is a primitive-equation,
level model configured for the global ocean between 75◦S
and 65◦N, with realistic topography and has an average grid
spacing of 1/4◦. The model was forced with 3-day averages
of the 10-meter wind stress fields from the European Cen-
tre for Medium-Range Weather Forecasting (ECMWF) for
the period between 1987–1996. The monthly surface heat
fluxes were derived from ECMWF analyses byBarnier et al.
[1995]. The surface layer temperatures and salinities were
restored to theLevitus et al.[1994] climatology on a monthly
timescale using theHaney[1971] scheme. The fidelity of
this particular model simulation was discussed in detail by
Stammer et al.[1996], who found the model successfully
simulates the seasonal cycle, though the overall amplitude
of the seasonal heat storage was weaker than observed in
altimeter observations from TOPEX/Poseidon. This weak-
ness is largely attributable to model’s lack of an explicit
mixed layer parameterization [e.g. Large et al., 1994]. How-
ever, there is reason to believe that the model is providing
a reasonable simulation of the seasonal variations in mass
and heat transport.Böning et al. [2000] found that three
OGCMs which used different vertical coordinate systems
(geopotential, isopycnic, and sigma coordinates) all were in
close agreement in the major aspects of their seasonal cycles.
Their findings suggest that the dynamics of the seasonal heat
transport variability are robust to model formulation.

3.1. The seasonal cycle in meridional overturning

The motivation for this discussion comes from examining
the volume transports across oceanic sections. We define
Ekman transport as the sum of the shear velocities in the the
upper 100 m of the model (top four model layers) relative the
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velocity at 117.5 m (the fifth model layer) below which the
wind stress shear did not appear to penetrate. The barotropic
transport is then taken as the vertical integral of the velocity
over the full ocean depth after the Ekman velocity has been
removed. In POCM, as in most other models, there is a near
perfect compensation between the deviations from the time-
mean Ekman transport across a section and the deviations
from the time-mean barotropic transport. Figure 1 shows
the balance between the two at 30◦N in the Pacific Ocean.
The correlation coefficient between the time-varying Ekman
transport and the time-varying barotropic transport is -0.99.

What dynamics create this compensation? In a model that
has the rigid-lid approximation imposed, this compensation
must be perfect. That is, there can be no net transport across
a closed oceanic section, and therefore the barotropic trans-
port must equal the Ekman transport. In a numerical model
with a free surface, as in the true ocean, it is less clear that
the time-varying Ekman transport must equal the barotropic
transport as accumulations of mass through closed oceanic
sections can lead to free-surface displacements. Why the
compensation persists is a key question in explaining the role
of the time-varying wind forcing the heat transport fluctua-
tions; we will address it in Section 3.4.

The meridional overturning streamfunction, defined as
the vertical cumulative integral of zonally integrated merid-
ional flow, is a standard way to examine the structure of
the flow. The time-mean meridional overturning stream-
function from the POCM is shown in Fig. 2; for the indi-
vidual basins, it is not defined south of 37◦S (the Cape of
Good Hope). While this paper almost exclusively concerns
time-varying circulation and transports, we feel compelled
to show the time-mean meridional overturning for reference.
The POCM represents most of the familiar gross features
of the overturning circulation: The Atlantic deep cell as-
sociated with northern deep water formation, the relatively
symmetric thermocline circulation and the inflows of bottom
water into the deep Pacific, and the thermocline circulation
in the South Indian Ocean. Notice the weakness of north-
ward flow of deep water from the Southern Ocean into the
Atlantic and Indian Oceans [Macdonald and Wunsch, 1996;
Ganachaud et al., 2000].

The seasonal cycle of the overturning streamfunction can
be represented by the mean conditions in January minus the
mean conditions in July, averaged over the last 9 years of the
model run (1988-1996). Figure 3 shows that the seasonal
patterns differ radically from the time-mean overturning cir-
culation. In the time-mean, the return flow to balance the
surface Ekman transport is highly baroclinic (depth varying)
with reversals of the flow at depth. The seasonally vary-
ing component, on the other hand, is largely depth indepen-
dent, with the return flow for the surface currents showing

no deep reversals. The Pacific Ocean displays the strongest
difference, with the time-mean overturning being essentially
anti-symmetric about the equator and the seasonally varying
overturning being nearly symmetric about the equator.

Structural differences between the time-mean and sea-
sonal overturning circulations have been noted before [Bryan,
1982;England et al., 1994;Nakano et al., 1999], however,
they have never been satisfactorily given a dynamical ex-
planation. Rarely are they even presented separately; rather
they are usually presented as January conditions and July
conditions, which obfuscates the differences between the
time-mean and time-varying components [e.g. Bryan, 1982;
Böning and Herrmann, 1994;Wacongne and Pacanowski,
1996; Garternicht and Schott, 1997, though seeLee and
Marotzke[1998] andNakano et al.[1999] for exceptions].
The amplitude of the seasonal cycle of the overturning cir-
culation in the equatorial region is about 50 Sv for the world
total, which is comprised of 20 Sv in the Indian Ocean, 25
Sv in the Pacific Ocean and 5 Sv in the Atlantic Ocean. The
actual velocities associated with these seasonal overturning
circulations are quite small; the deep horizontal velocities
are of order 10−3 m s−1, and the vertical velocities are of
order 10−6 m s−1 leading to seasonal displacements of 20
km in the horizontal and 20 m in depth. The Ekman layer
horizontal velocities are obviously much larger, of order 0.1
m s−1.

3.2. Dynamical meridional overturning

To examine the behavior of the POCM, the velocity fields
were used to compute meridional overturning streamfunc-
tions. FollowingLee and Marotzke[1998], the meridional
velocity fields from the POCM were broken into three sepa-
rate dynamical contributions according to:

v(x, y, z) =
1
H

∫ 0

−H
v(x, y, z) dz

+ ve(x, y, z)−
1
H

∫ 0

−H
ve(x, y, z) dz

+ vsh(x, y, z) (2)

whereH = H(x, y) is the ocean depth. The three com-
ponents are in the order they appear in (2): 1) The contri-
bution to the meridional velocity due to the external mode
(or barotropic gyre circulation) flowing over varying topog-
raphy. Essentially it is the flow that is governed by the Sver-
drup relation taking into account time dependence, bottom
topography and frictional effects. 2) The surface Ekman
flow (ve) minus its vertical average to represent its barotro-
pic compensation. The Ekman component of velocity,ve is
taken here to be the shear velocity in the four surface lev-
els referenced to velocity at the fifth model level (117.5 m),



OCEAN HEAT TRANSPORT VARIABILITY 7

0

10

20
Compensation of the Ekman layer and barotropic return flows

−20

−10

   
   

   
   

E
km

an
 [S

v.
]

0

10

20

−20

−10

   
   

   
   

B
ar

ot
ro

pi
c 

[S
v.

]

0

10

20

−20

−10

   
   

   
   

T
ot

al
 [S

v.
]

1988 1989 1990 1991 1992 1993 1994 1995 1996 1997
Time [years]

Figure 1. Deviations from the time-mean Ekman transport compared to deviations from the time-mean barotropic transport
at 30◦ in the Pacific Ocean showing a high degree of compensation, the sum of the two is shown in the bottom panel.

however, nearly all the Ekman transport takes place in the
top level (uppermost 25 m). Note that the vertical integral
of this term is zero and hence the barotropic velocities asso-
ciated with it are not part of the first term. 3) The vertical
shear flow (vsh) which is generally associated with thermal
wind shear balanced by zonal density gradients, as well as
smaller contributions from the ageostrophic shear from fric-
tional and nonlinear effects.

A simple estimate of the meridional velocities arising
solely from wind stress driving the Ekman layer with an as-
sociated depth-averaged compensating flow was estimated
from:

vW (x, y, z) = −δ1,k
h

τλ(x, y)
fρ0

+
1
H

τλ(x, y)
fρ0

(3)

whereh is the thickness of the POCM surface model layer
(25 m) andδi,j is the Kronecker delta. This estimate of the
velocity field is used to compute a seasonal overturning cir-
culation that is described just by the Ekman layer and its
barotropic return flow. This overturning circulation is then
comparable to those derived from the POCM to test if this
simple set of dynamics can explain the structure of the over-
turning circulations.

The seasonal overturning circulations are shown in Fig.

4. The result from the simple Ekman approximation (de-
rived from (3) and shown in Fig. 4b) corresponds well both
in magnitude and spatial structure to that from the full nu-
merical model (Fig. 3a) and the Ekman component of dy-
namical meridional overturning (the second term of (2) and
shown in Fig. 4a). The exception is at the equator, where the
simple Ekman model does not represent the shear between
the surface layers permitted by the vanishing Coriolis param-
eter and stratification there. On the equator, in the simplified
Ekman model, there appears a narrow counter-rotating cell
over the full ocean depth instead of being confined to the
upper 25 m as in the full POCM. Overall, the similarity be-
tween the two results suggests that the simple Ekman model
contains the dominant physical processes. The equatorial
surface circulation is directly driven by the seasonal cycle
of the meridional wind. Therefore, the counter flow also
does not appear in the circulation derived from the Ekman-
approximation using only the zonal wind stress and (3).

3.3. The seasonal wind field

Before the model simulations and dynamics are discussed
further, the general nature of the time-varying wind should
be examined. The characteristics of the variable wind stress
field have been discussed before [Hellerman, 1967; Vin-
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Figure 2. Time-mean overturning circulation for (a) the World Ocean and (b) the Indian Ocean, (c) the Pacific Ocean and
(d) the Atlantic Ocean. Negative values of the streamfunction are shaded gray and indicate counterclockwise overturning.
Contour interval for World Ocean is 5 Sv. and for the individual basins is 2.5 Sv.
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Figure 3. Seasonal (January− July) overturning circulation for (a) the World Ocean and (b) the Indian Ocean, (c) the Pacific
Ocean and (d) the Atlantic Ocean. Negative values of the streamfunction are shaded gray and indicate counterclockwise
overturning in January. Contour interval for World Ocean is 5 Sv. and for the individual basins is 2.5 Sv.
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Figure 4. Seasonal (January− July) overturning circulation for the World Ocean from (a) the “Ekman only” part of the
POCM circulation from (2), and (b) the Ekman contribution alone from (3). Contour interval is 5 Sv. Negative values of the
streamfunction are shaded gray and indicate counter-clockwise overturning.
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Figure 5. Seasonal cycle (January conditions minus July conditions averaged over the years 1988–1996) of the wind stress,
with the zonally integrated zonal wind stress.

nichenko, 1970;Willebrand, 1978;Hellerman and Rosen-
stein, 1983], with one crucial exception. Figure 5 shows the
seasonal wind stress field (from ECMWF) and the zonal in-
tegral of its zonal component. Notable features in the an-
nual cycle of wind stress arise from the strengthening of the
Aleutian and Icelandic lows in boreal winter, the austral win-
ter strengthening of the circumpolar winds in the southern
hemisphere, as well as the strong monsoonal cycle in the
western Indian Ocean [Peixoto and Oort, 1992]. Perhaps
the most surprising feature is that the integral of the zonal
wind stress component is anti-symmetric across the equator,
which was noted bySchopf[1980]. However, this particular
aspect of the seasonal wind cycle and its implications for the
Ekman transport across the equator do not appear to have
been addressed much in the literature, either atmospheric or
oceanographic, so further discussion is warranted.

The tropical atmospheric circulation on the largest spa-
tial scales is dominated by the Hadley cell. The dynamics of
this circulation have been addressed beginning withHalley
[1686] andHadley[1735]. In more recent timesGill [1980]
proposed a relatively simple model for the atmospheric cir-
culation to illustrate how the tropical atmosphere responds
to localized diabatic heating. The circulation that results
from the seasonal cycle of heating produces a seasonally-
varying zonal wind which is anti-symmetric across the equa-
tor, while the time-mean wind is symmetric across the equa-
tor. The reader is referred toGill [1980] for details, but in
summary, he found solutions to the shallow-water equations
for the atmosphere on an equatorial beta-plane with diabatic
heating. These solutions are summarized in Fig. 6 show-
ing the zonally-averaged meridional streamfunction together
with the surface zonal wind for the time-mean conditions as
well as the January and July conditions. The time-mean be-

havior is given by heating localized along the equator and
an atmospheric circulation that is symmetric about it. The
January and July conditions are represented by the time-
mean solution together with an anti-symmetric component
in which the maximum heating is in the summer hemisphere.
Differencing the January and July conditions gives the zonal
wind profile in Fig. 7, which is anti-symmetric across the
equator and in remarkable agreement with Fig. 5. In the
wind-stress climatology, the zero-crossing of the seasonal
cycle occurs at about 23◦S and 25◦N; in the model ofGill
[1980], it occurs at about 24◦ (both north and south), assum-
ing a deformation radius of 10◦ at the equator. Therefore,
theGill [1980] model readily explains this observed charac-
teristic of the seasonal wind field.

As the seasonal cycle in zonal wind is anti-symmetric
about the equator, its value is zero right at the equator. Since
the Coriolis parameter is anti-symmetric about the equator as
well, the Ekman transport, which is given by their ratio, will
be symmetric across the equator. In particular, the seasonal
cycle of the Ekman transport is well-defined even very near
the equator. The seasonal cycle of the zonal wind goes to
zero at±20◦ and is of opposite sign poleward of that. This
leads to a reversal of the direction of the Ekman transport,
and a convergence (divergence) there in the winter (summer)
hemisphere. Comparing the ocean basins, the seasonal cycle
of the zonal wind is weakest in the Atlantic, where it is no-
ticeably weaker south of the equator compared to north of it.
This accounts for the marked asymmetry of the seasonal cy-
cle in meridional overturning circulation in the Atlantic (Fig.
3). In the Indian Ocean there is a particularly strong seasonal
cycle in the meridional wind associated with the monsoonal
system there.

The evidence so far points to a seasonal overturning cir-
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Figure 6. (a) The zonally-averaged meridional stream-
function (upper panel) and the zonally-averaged zonal wind
(lower panel) for the time-mean tropical atmospheric cir-
culation, (b) The same, but for January conditions, and (c)
The same, but for July conditions. Negative values of the
streamfunction are shaded gray and indicate counterclock-
wise overturning. Solutions fromGill [1980].

culation driven by the wind stress creating an Ekman layer
at the surface. But what of the return flow? In the papers
by Kraus and Levitus[1986], Levitus[1987], Adamec et al.
[1993] andGhirardelli et al. [1995], in the Eulerian view,
the return flow for the Ekman layer has been assumed to be
depth independent. But is this correct and if so, what are the
dynamical balances associated with it?

3.4. The ocean’s adjustment to variable wind stress

While some of the investigations of the ocean’s seasonal
cycle have mentioned a theoretical basis for their work, none
have proffered an actual mechanism for the seasonal cycle in
the overturning. In particular, the often cited work ofWille-
brand et al.[1980] argues that the ocean response to basin-
scale forcing on the timescale of a year should be largely
barotropic. However, the connection to the seasonal over-
turning circulation is not obvious, and moreover the mod-
els used byWillebrand et al.[1980] explicitly excluded the
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Figure 7. Annual cycle of the zonal integral of the zonal
wind stress (January− July) predicted by theGill [1980]
model.

physics that drives the ocean heat transport.

Expanding the work ofPhilander [1978] on the struc-
ture of forced oceanic waves,Willebrand et al.[1980] dis-
cussed the ocean response to forcing at large spatial scales,
not only by atmospheric wind stress disturbances, but also
by surface pressure forcing and a surface mass flux, over
timescales from the inertial period to a year. They based
their conclusions on the theoretical vertical trapping scale,
ze, of the ocean’s forced wave response which satisfies:∫ 0

−ze

[(
k2 +

βkx
ω

)
N2(z)
f2 − ω2

]1/2

dz = 1. (4)

whereβ is the meridional derivative of the Coriolis parame-
ter, f is the Coriolis parameter, andN is the Brunt-V̈ais̈alä
frequency,ω is the forcing frequency andk = (kx, ky) is
the wavenumber of the forcing. In the limits ofω → f
andω → 0, the ocean response becomes strongly surface
trapped, that is,ze is much less than the ocean depth. This is
also the case for small-wavelength forcing,k �2π100 km.
However, the trapping depth increases with increasing hor-
izontal spatial scale and for periods between the time-mean
and inertial. Away from the equator, for spatial scales larger
than 100 km and between periods of 1 day and 300 days,
the trapping depth is larger than 5000 m. For the largest
spatial scales (the ocean basin scale), the frequency of the
forcing can be as low as a year and the trapping depth is still
larger than 5000 m. The trapping depth increases with lat-
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itude away from the equator and increases for larger basin
widths, but it is only a weak function of these two param-
eters. The theory says that some aspect of the ocean re-
sponse should be barotropic, but what then is the mechanism
by which this happens? Specifically, how does the quasi-
geostrophic theory ofWillebrand et al.[1980] apply to the
seasonal overturning circulations which are largely driven by
non-geostrophic Ekman dynamics?

In the deep ocean external gravity waves are fast; in wa-
ter 4000 m deep, they can travel 17,000 km per day. There-
fore, they permit an adjustment to the wind stress across the
ocean basin on timescales as short as one day. The barotro-
pic adjustment is most readily explained with the following
thought experiment. In a northern hemisphere basin, a zonal
wind from east to west is turned on (Fig. 8a). Within an iner-
tial period, this results in an Ekman transport to the right of
the wind, in this case northward. Water then piles up in the
northern part of the basin while removing it from the south-
ern part (Fig. 8b). This creates a meridional pressure gradi-
ent, which drives a flow to its right, east to west (Fig. 8c).
In turn water piles up along the western edge of the basin,
creating a zonal pressure gradient directed from west to east
(Fig. 8d). Finally, this zonal pressure gradient drives a geo-
strophic flow from the north to the south, balancing the Ek-
man transport and reducing the north-south pressure gradi-
ent. In equilibrium, the Ekman transport associated with the
wind stress is balanced by the geostrophic transport due to
the zonal pressure gradient. This thought experiment is sum-
marized in the cartoon in Fig. 8. As the period of the wind
stress fluctuation becomes longer, the Ekman layer conver-
gences can couple to the slower internal gravity waves, al-
lowing the ocean response to become baroclinic. However,
at basin scales, this only happens at timescales of longer than
a year.

A complementary argument for the barotropic compen-
sation of Ekman mass transports caused by large-scale wind
stress fluctuations comes fromPonte and Rosen[1994] in
the context of angular momentum dynamics. In studies
of the Earth’s angular momentum balance, it has been ob-
served that on time scales as short as 2 weeks, there is a
high correlation between the atmospheric angular momen-
tum changes and the observed changes in the length of the
Earth’s day [Rosen et al., 1990] and polar motion [Ponte
et al., 1998]. These results imply that the momentum im-
parted to the ocean by wind stress is passed through to the
solid earth very quickly. It is readily shown that the fol-
lowing two statements are equivalent: (i) The angular mo-
mentum received from the atmosphere by the ocean is trans-
ferred completely to the solid Earth, and (ii) There is com-
plete compensation of Ekman mass transport by geostrophic
barotropic motion. Therefore, the angular momentum obser-

vations confirm the model’s near-perfect compensation be-
tween Ekman and geostrophic mass transports.

3.5. The equator

The arguments given above hold over most of the ocean,
but the equator requires special discussion. Near the equa-
tor, as the Coriolis parameter goes to zero, the vertical trap-
ping scale of forced motion according to (4) becomes very
small. However, the argument ofWillebrand et al.[1980] is
based on quasi-geostrophy which is not valid near the equa-
tor. Schopf [1980], in a very idealized study, specifically
discussed the role of Ekman flow in the cross-equatorial
heat transport, which he found to be unidirectional across
the equator. His explanation for this was that at the equa-
tor, though the Coriolis force vanishes, the flow is carried
across the equator by continuity and direct pressure driving.
In the one-hemisphere model ofSchopf [1980] the merid-
ional flow was required to be symmetric across the equa-
tor by the boundary condition at the equator, namely that
∂v
∂φ =0, wherev is the meridional velocity andφ is the
latitude. However, in the global model used here, that re-
quirement is not explicitly imposed. Rather, it is created
by the anti-symmetry of the seasonally varying zonal winds
about the equator, which implies that the seasonally vary-
ing, meridional Ekman transport — where it is defined — is
symmetric about the equator. By continuity, any deviation in
the flow from symmetry close to the equator would tend to
pile water up on one side or the other; but with the vanishing
Coriolis parameter there, nothing could support the pressure
gradient and the water would be pushed directly down the
pressure gradient.

Figure 3 shows that within±2◦ of the equator, there is
a very shallow circulation trapped at the surface which is
directly driven by the meridional wind. It is largest in the In-
dian Ocean where the seasonal cycle of the cross-equatorial
meridional wind is the strongest. It is also present in the
Pacific Ocean and to a much smaller extent in the Atlantic
Ocean. Figure 9 shows an expanded view of the POCM’s
seasonal equatorial circulation in the Indian Ocean. This
“roll” circulation was discussed in the study of the Indian
Ocean byWacongne and Pacanowski[1996] who found that
it was frictionally driven in the downwind direction. Further-
more, they stated that it did not affect the meridional heat
transport as it was simply recirculating water of the same
temperature. This circulation feature can also be seen in the
model based studies byGarternicht and Schott[1997] and
Lee and Marotzke[1998]. The strong vertical shear needed
by this flow can only occur near the equator since the ther-
mal wind constraint does not apply there.
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represented as dashed lines. Highs and Lows of surface elevation are represented as H and L respectively, the wind stress is
denoted byτ and the pressure gradient by∇p.
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Figure 9. Closeup of seasonal equatorial circulation in the
Indian Ocean. Contour interval is 2.5 Sv. Negative values
of the streamfunction are shaded gray. The wind stress,τ , is
denoted by⊗ being into the page (east to west),� being out
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3.6. A summary of the ocean’s response to time-varying
wind stress

All components of a complete theory of the role of wind
forcing in driving heat transport variations can now be brought
together. An oscillation in the zonal integral over the basin
width of the zonal wind stress drives a corresponding change
in the integrated northward Ekman mass transport across that
section. This response of the Ekman transport to the vari-
able wind occurs quickly, on the timescale of an inertial pe-
riod. The change in the mass transport across the zonal sec-
tion creates a pressure imbalance which through geostrophy
and a series of gravity waves adjusts the pressure gradient to
drive a barotropic flow back across the section, balancing the
initial change in the Ekman transport. Hence, there is no net
flow across the section. The response is essentially the com-

bination of the wind stress leading to an Ekman mass trans-
port, coupled with a compensating flow governed by baro-
tropic dynamics of the kind discussed byWillebrand et al.
[1980]. Near the equator, where the Coriolis parameter goes
to zero, the symmetry of the flow field around the equator
and continuity create a pressure gradient to directly drive the
flow across the equator. The temperature difference between
the Ekman layer and the section averaged temperature cou-
pled with the opposite directions of the flows creates a heat
transport across the section. The depth independence of the
time-varying flow means that it will not appear in velocity
fields computed from density fields taken from one-time hy-
drographic surveys. An important conclusion from this is
that estimates of the time-mean ocean circulation from hy-
drographic surveys will not be contaminated by the aliasing
of this signal, as long as the time-mean wind stress is used
in the calculation.

4. Relationship between the wind and heat
transport

In the previous section (Section 3), the dynamics of the
seasonal changes in the ocean circulation were discussed. In
this section it will be shown how those changes in circulation
affect the ocean heat transport. In the next section (Section
5), the modeled heat transport variability will be compared
to prior estimates and the impact of the variability on hy-
drographic estimates of the time-mean heat transport will be
discussed.

4.1. Definitions

Using the output from POCM, the ocean heat transport
across latitude lines was calculated every 3 days for the pe-
riod 1988–1996. The heat transport for a Boussinesq, in-
compressible fluid is:

Q(t) = ρ0cp

∫∫
v θ dz dx− ρ0cpM(y)〈[θ]〉(y) (5)
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whereQ(t) is the heat transport,x is the zonal coordinate,z
is the depth coordinate andt is time,ρ0 is the density of sea
water, here set to be 1025 kg m−3 andcp is the specific heat
of seawater, 3994 J (kg◦C)−1. The model meridional veloc-
ity is v(x, y, z, t) and its zonal integral gives the total mass
transport across the section,M(y) =

∫∫
v dz dx. The model

temperature isθ(x, y, z, t), and its zonal section average is
given by〈[θ]〉(y) =

∫∫
θ dz dx/

∫∫
dz dx.

Like the real ocean, this numerical model has a free sur-
face, so at any given time there may be a non-zero mass
transport through a section. This presents a conceptual and
practical problem as the prescription of the heat or energy
transport requires zero net mass transport through the chosen
boundary to eliminate arbitrary reference state constraints.
The net movement of water across a zonal section does not
necessarily represent a climatologically important energy
transport, as it may simply move back across the section at
a later time. The second term in (5) accounts for the in-
stantaneous, non-zero net mass transport across the section
and recovers the temperature scale independence for the heat
transport calculation. This term has negligible overall ef-
fect on the estimate of the heat transport if the time mean
mass transport across the section is nearly zero and the time
dependent portion of the section integrated mass transport
is uncorrelated with the mean zonal temperature deviations.
In the model, this adjustment has a maximum root-mean-
square amplitude of 0.04 PW near the equator, compared
with the total heat transport which has a root-mean-square
variability of 4 PW there. Therefore, it is a small part of the
much larger signal, and will not be discussed further. There
is, however, a particular area of the ocean where the defini-
tion of heat transport in (5) is still not sufficient: the latitudes
south of the Indo-Pacific throughflow.

For zonal sections in the Indian and Pacific Oceans south
of the Indo-Pacific throughflow, the time-mean mass trans-
port is not small and calculating individual basin heat trans-
ports is conceptually more difficult. However, it is still de-
sirable to discuss each basin’s heat transport independently
and not combined as usually has been done [e.g. Semtner and
Chervin, 1992]. In particular, it is desirable to calculate the
net heating or cooling experienced by the net mass transport
while it traverses the South Indian or South Pacific. Equa-
tion (5), by eliminating contributions from a net mass trans-
port altogether, does not permit this computation, butZhang
and Marotzke[1999] proposed a method for accounting for
the local warming (or cooling) of the water which has en-
tered into the basin from the Indo-Pacific throughflow, while
keeping the result independent of the temperature scale cho-
sen. For zonal sections affected by the Indo-Pacific through-
flow in the Indian Ocean, (5) is modified to still represent the
complete divergent part of the heat transport, denotedQdiv:

Qdiv(t) = Q(t) + ρ0cpM(y)(〈[θ]〉(y)− 〈[θI ]〉) (6)

where〈[θI ]〉 is the section mean temperature of the through-
flow transport. The sign of the correction term is reversed for
Pacific Ocean sections. In the POCM, there are 4 gaps re-
solved in the Indo-Pacific throughflow region, therefore the
flow through all of them must be accounted for individually,
this is done for each time point and for all latitudes south
of the throughflow. A thorough discussion of the Indone-
sian throughflow based on observations and model analysis
of the 1/6◦ Los Alamos POP model [Dukowicz and Smith,
1994; Fu and Smith, 1996;Maltrud et al., 1998] is given
by Gordon and McClean[1999]. Since these models are so
similar in design and forcing, and our results are very similar
to theirs, the throughflow will not be discussed further.

4.2. Temporal variability

Heat transport in POCM was calculated for each basin
using (5) and (6). The annual cycles are summarized in Fig.
10. The largest signal is confined to within 20◦ of the equator
and is in phase across the equator. For the world ocean total,
the annual cycle near the equator has an amplitude of nearly
6 PW peak-to-peak. This is composed of annual cycles in
the Indian Ocean of 2.6 PW peak-to-peak, 3 PW peak-to-
peak in the Pacific Ocean, and a much weaker annual cycle
in the Atlantic Ocean of about 1 PW. The Indian Ocean’s
annual cycle has a peak at 5◦S, while the Atlantic and Pa-
cific Ocean’s peak amplitudes are at 7◦N. The seasonal heat
transport variability is much larger than the time-mean of
around 1–2 PW. The ocean response to the seasonal cycle
in the atmospheric wind stress is to transport heat from the
summer hemisphere to the winter hemisphere, in phase with
the total energy transport by the atmosphere’s Hadley cell
[Peixoto and Oort, 1992].

To examine the high-frequency variability of the global
ocean heat transport variability, a Hovmöller diagram of the
heat transport anomaly as a function of latitude and time is
presented for the World Ocean (Fig. 11). To highlight the
variability, the time-mean heat transport was removed from
the time-series, and it was filtered in time using a simple tri-
angle filter of half-width 4.5 days to reduce the amplitude
of aliased inertial oscillations [Jayne and Tokmakian, 1997].
The variability is dominated by a large annual cycle, and the
largest signal is confined to within 20◦ of the equator and
is in phase across the equator. Superimposed on the annual
cycle are both higher frequency oscillations and interannual
variations which are coherent over large meridional extents.
In particular, there are short-term heat transport fluctuations
near the equator that completely compensate the “seasonal”
signal. Heat transports in the subtropical gyres are weaker
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Figure 10. Annual cycle of heat transport defined as the
difference between January and July values for the World
Ocean (heavy solid line), the Indian Ocean (thin solid line),
the Pacific Ocean (dashed line) and the Atlantic Ocean
(dashed-dotted line).

and of opposite sign, compared to the tropics, which fur-
ther enhance a mid-latitude heat transport convergence in
the winter hemisphere and a net divergence in the summer
hemisphere relative to the time-mean.

A final discussion of the tropics is in order as the picture
there is not intuitively obvious, and the seasonal cycles of
heat transport by both the atmosphere and ocean are very
strong there. In January (northern hemisphere winter) the
area of maximum heating is in the southern hemisphere. In
July the anomaly circulation in the atmosphere is reversed
as the latitude of maximum heating moves into the northern
hemisphere. The resulting anomaly in the atmospheric cir-
culation has a net energy transport from the summer hemi-
sphere into the winter hemisphere. The sensible and latent
heat transports are directed from the winter hemisphere into
the summer hemisphere, but the potential energy is directed
from the summer hemisphere into the winter hemisphere and
overcompensates for the sensible and latent heat transports
so that the net atmospheric energy transport is from the sum-
mer hemisphere into the winter hemisphere [Peixoto and
Oort, 1992]. The ocean’s heat transport anomaly is like-
wise directed from the summer hemisphere into the winter
hemisphere. So in total, the atmosphere and ocean together
undergo a combined seasonal energy transport of±4.5 PW
across the equator, with nearly equal contributions from the
atmosphere and ocean.

4.3. Temporal decomposition

As it has been shown that there is large variability in
the ocean heat transport, we now ask whether the fluctua-
tions are indeed caused entirely by the changes in the Ekman
transports shown in the previous section, or if variability in
the ocean temperature fields play a role as well. Contribu-
tions to the heat transport by time-mean and time-varying
circulations and thermal fields are now examined. The heat
transport is decomposed as:

Q(t)
ρ0cp

=
∫∫ 0

−H
v θ dz dx+

∫∫ 0

−H
v′ θ dz dx

+
∫∫ 0

−H
v θ′ dz dx+

∫∫ 0

−H
v′ θ′ dz dx (7)

where{ } represents the time-mean of the quantity and{ }′
the deviations from it. The first term on the left hand
side of (7) corresponds to the time-mean velocity advect-
ing the time-mean temperature. The second term represents
the variations in velocity acting on time-mean temperature,
while the third term represents time-mean velocity field ad-
vecting variations in temperature. Finally, the fourth term
of (7) is the result of variations in both velocity and temper-
ature. Since by definition,

∫
{ }′ dt = 0, the second and

third terms of (7) do not contribute to the time-mean heat
transport. However, the time-mean of the fourth term is not
zero, but it is small over much of the ocean [seeJayne and
Marotzke, 2000, for more details].

To quantify the strengths of the individual contributions
of the time varying components to the total variation of the
heat transport shown in Fig. 11, the components of (7). can
be considered in terms of their fractional covariance. Given
a time-varying signal composed of the three components:

Q(t) = A(t) +B(t) + C(t) (8)

where each component has had its time-mean removed, the
correlation is computed by:

ρA =
∫
Q(t)A(t) dt∫
Q(t)2 dt

. (9)

It is trivial to show thatρA+ρB +ρC = 1. The correlations
of three components of the heat transport variability given in
(7) to the total heat transport variability are computed as a
function of latitude and the result is shown in Fig. 12. The
velocity variations alone account for a majority (70% and
more) of the variability over most latitudes. The exception
to this are the latitudes between 45◦-60◦S, where the tem-
perature variations contribute up to 80% of heat transport
variability, suggesting that the seasonal cycle of the thermal
forcing is very important in determining the cycle of the heat
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Figure 11. Time-dependent heat transport anomaly for the World Ocean. The time mean heat transport has been removed to
highlight the variability. Vertical lines mark January 1.

transport at high latitudes, especially in the Southern Ocean.
Overall, the covarying velocity and temperature variations
only weakly contribute to the total, except in the Antarctic
Circumpolar Current. It is evident from Fig. 12 that the heat
transport variability is dominated by velocity variations act-
ing on the time-mean temperature field and to a lesser extent
temperature fluctuations advected by the time-mean velocity
field.

As a final check on our argument that the heat transport
variability is dominated by dynamics in the Ekman layer, we
compare the annual cycle of the model heat transport decom-
posed as in (7), to the corresponding decomposition of the
Ekman heat transport given by (1). For the sake of simplic-
ity, the estimate of the annual cycle in the Ekman heat trans-
port uses an observational climatology of annually-averaged
monthly values of ocean temperature [Levitus et al., 1994]
and the ECMWF wind stress fields used to force the POCM
simulation, reduced to an average annual cycle of monthly
values.

First, the portion of the Ekman heat transport variability
arising from the temporal variation in the Ekman layer mass
transport alone. Figure 13 shows the average annual cycle
of the heat transport in POCM owing to velocity variations,
given by the second term of (7), compared to the Ekman heat
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Figure 12. Correlation of each component of the heat
transport variability with the total variability; the veloc-
ity variations with the time mean temperature (heavy solid
line), the temperature variations with the time mean velocity
(thin solid line) and the covarying velocity and temperature
(dashed line). All three components sum to 1.
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transport variations due to wind stress variability, using (1)
with the time-varying part of the wind stress and the time-
mean temperature. The seasonal cycle is again taken as Jan-
uary conditions minus July conditions averaged over the last
9 years of the model simulation (1988–1997). The agree-
ment between the heat transport variability in POCM due to
velocity variations and this simple calculation shows over-
all good agreement, which shows that the time-dependent
ocean heat transport is essentially given by the time-varying
part of the Ekman heat transport. The poorest agreement
is in the tropical Indian Ocean, where the seasonal cycle of
the meridional winds probably play a role. This is not an
unexpected result given arguments byBryan [1982] that the
meridional wind tends to suppress the heat transport there.
It is difficult to add the meridional wind to the calculation
given in (1), except in somead hocfashion.

Next, we consider the heat transport fluctuations owing to
variations in the temperature field given by the third term of
(7). For the Ekman heat transport, the time-mean wind stress
is used with the time-varying part of the Ekman layer tem-
perature in (1). Here the assumption is made that only the
temperature variability in the Ekman surface layer is impor-
tant in driving the variability. The return flow for the time-
mean Ekman transport is presumed to be deep enough that
its temperature does not vary strongly on timescales shorter
than the seasonal. As a result, for this term, no specifica-
tion of the return flow temperature needs to be made, since
it does not contribute to the Ekman heat transport variabil-
ity. Hence, the question of the exact structure of the Ekman
layer’s return flow is avoided. Figure 14 compares the es-
timate from the climatological data using the third term of
(7) and the output from POCM. The agreement is reason-
ably good. Of particular note is the seasonal cycle of heat
transport in the southernmost latitudes owing to temperature
variations in the surface layer (considerably stronger in the
model than in the climatological estimate). This was not
seen before in the results ofBryan and Lewis[1979] and
Bryan [1982] as their model did not include this variability
because of a lack of time-varying thermal forcing.

4.4. Error estimates

It is important to consider the error in the model estima-
tion of the heat transport. Errors in a numerical model may
come from any number of sources including missing model
physics, errors in the boundary conditions, errors in the forc-
ing fields and deficiencies in the numerical methods used. It
is beyond the scope of this work to do a thorough error anal-
ysis of the POCM, but some comments are required. Since
the seasonal cycle of the wind dominates the dynamics of the
ocean heat transport variability, errors in wind stress need
to be investigated. Even this simple proposition is difficult,

though. No formal error estimate is available for the wind
stress data used in this study. An examination of older wind
stress climatologies, [e.g. Hellerman and Rosenstein, 1983],
shows that the error in individual wind stress values is a com-
plex function of space, mostly due to the geographical cov-
erage of the observing stations. Furthermore, the quantity of
interest is an integral quantity of the wind stress field. The
errors in the wind are presumably wavenumber dependent
with the longer waves being better resolved by the sampling
network. Therefore, perhaps the best that can be done is to
compare the estimates derived from two different wind stress
fields as a proxy for the error. The two wind stress climatolo-
gies used here were created from observations over different
time periods and hence can be considered independent. The
first is the ECMWF wind stress fields used in the POCM run,
and the second is theHellerman and Rosenstein[1983] wind
stress climatology.

Figure 15 shows the seasonal cycle (January− July) of
heat transport derived from (1) using the wind climatolo-
gies and theLevitus et al.[1994] temperature climatology.
The estimates agree reasonably well in their spatial distribu-
tion and magnitude, with difference of roughly 1 PW. The
Hellerman and Rosenstein[1983] climatology gives a larger
magnitude for the annual cycle that the newer ECMWF cli-
matology. This is particularly true near the equator where
the smallness of the Coriolis parameter amplifies differences
between them and the uncertainty is at least 2 PW.

5. Impacts of heat transport variability

In this section we step back from the dynamics that cre-
ate the ocean’s heat transport variability and consider the
broader picture. In particular, the POCM’s seasonal cy-
cle of heat transport is directly compared to previous stud-
ies [Bryan and Lewis, 1979;Carissimo et al., 1985;Hsiung
et al., 1989]. The overall seasonal heat budget is examined,
and finally, the impact of the variability on the estimation
of the time-mean ocean heat transport from one-time hydro-
graphic surveys is considered.

5.1. Comparison with previous model and observational
results

Bryan and Lewis[1979] used a numerical model of the
global ocean, forced with monthly averaged wind stresses
from Hellerman [1967], and with restoring to time-mean
sea surface temperature fields ofLevitus and Oort[1977].
Their annual cycle in heat transport, taken as the January
minus July transports, is shown in Fig. 16, contrasted with
the same annual cycle of heat transport from the POCM
4 B run (and some observations-based estimates, see below).
The model estimates are remarkably similar given that the
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Figure 13. Comparison of annual cycle of heat transport induced by velocity anomalies for the World Ocean from (a) the
POCM and (b) climatology from the second term of (7). The annual cycle (January− July) from the POCM (heavy line)
versus climatology (thin line) for (c) the World Ocean, (d) the Indian Ocean, (e) the Pacific Ocean and (f) the Atlantic Ocean.
Contour interval for (a) and (b) is 0.5 PW.
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Figure 14. Comparison of annual cycle of heat transport induced by temperature anomalies for the World Ocean from (a)
the POCM and (b) climatology from the third term of (7). The annual cycle (January− July) from the POCM (heavy line)
versus climatology (thin line) for (c) the World Ocean, (d) the Indian Ocean, (e) the Pacific Ocean and (f) the Atlantic Ocean.
Contour interval for (a) and (b) is 0.1 PW.
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Figure 15. Comparison of Ekman heat transport (January− July) predicted from the ECMWF (heavy line) versusHellerman
and Rosenstein[1983] climatology (thin line) for (a) the World Ocean, (b) the Indian Ocean, (c) the Pacific Ocean and (d) the
Atlantic Ocean.

POCM simulation was forced with higher quality and higher
frequency wind stresses in addition to time varying thermal
forcing in POCM. There are, however, differences. POCM
has a larger-amplitude annual cycle, particularly in the trop-
ics north of the equator. While theBryan and Lewis[1979]
estimate is nearly symmetric about the equator, the POCM
is less so. In addition, POCM has a decrease in the heat
transport annual cycle at the equator which is not present
in the Bryan and Lewis[1979] model. This double peak
in the world total in the POCM arises from the Pacific and
Atlantic having their peak annual cycle at 7◦N while the In-
dian Ocean has its peak at 5◦S. Presumably its appearance is
due to differences and improvements in the wind stress fields
used by the POCM. Also, the POCM simulation has a sig-
nificant seasonal cycle at the southernmost latitudes where
Bryan and Lewis[1979] have none. It was shown above that
this is an effect of the time varying thermal forcing that was
absent in theBryan and Lewis[1979] work.

Carissimo et al.[1985] used satellite derived net radiation
balances, atmospheric transports and ocean heat storages to

estimate the ocean heat transport as a residual. Their an-
nual cycle, as measured by the difference in the season of
December, January and February minus the season of June,
July and August, is likewise presented in Fig. 16. There
are large differences between the POCM heat transport and
theCarissimo et al.[1985] estimate. While the POCM an-
nual cycle changes sign in the mid-latitudes and then again
at high-latitudes, theCarissimo et al.[1985] estimate does
not, and is of the same sign over the whole latitudinal extent.
However, it is difficult to say what differences are significant
as the estimated error ofCarissimo et al.[1985] is±3 PW,
which may still be too small given that their estimate is in-
consistent with observations byHsiung et al.[1989],Bryden
et al. [1991], andTrenberth and Solomon[1994].

Hsiung et al.[1989] expanded the work ofLamb and
Bunker[1982] to include the Pacific and Indian Oceans as
well as the Atlantic Ocean. For their estimate of the heat
transport,Hsiung et al.[1989] used ocean heat-storage ob-
servations combined with ocean surface heat fluxes derived
from the bulk formulae to calculate the ocean heat trans-
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Figure 16. Comparison of the annual cycle of ocean heat
transport for the World Ocean from POCM (heavy solid
line), the numerical model ofBryan and Lewis[1979] (thin
solid line),Hsiung et al.[1989] (dashed line), andCarissimo
et al. [1985] (dashed-dotted line). Note all estimates are for
DJF− JJA, except for theBryan and Lewis[1979] which is
for January− July conditions.

port as the residual. They estimated monthly values of the
heat transport for each of the three basins between 50◦N and
20◦S. Errors in their data analysis tended to accumulate as
they integrated from north to south so that the transports near
the equator were unreliable and compared poorly with other
estimates of the transport [e.g. Philander and Pacanowski,
1986;Böning and Herrmann, 1994]. Figure 16 shows that
the annual cycle estimated byHsiung et al.[1989] is much
weaker than in the other cases. Therefore, a comparison of
the divergence of the POCM results heat transport to their
more robust estimate of the divergence is made in Fig. 17.
This allows two things; first, any systematic errors are re-
moved by the differentiation, and second, we can present the
annual cycle of world ocean heat transport divergence from
POCM, which is more directly relevant to climate. The es-
timate ofHsiung et al.[1989] and the estimate derived from
POCM are generally similar. In agreement with theBryan
and Lewis[1979] estimate, the annual cycle ofHsiung et al.
[1989] changes sign in the mid-latitudes. The range of the
error bars on theHsiung et al.[1989] estimate are±25–50
W m−2. Overall then, the two estimates are consistent, while
the extrema in the POCM estimate are of larger magnitude
than those in the coarser resolution climatology.

Overall, the studies byHsiung et al.[1989],Bryan[1982]
and this model analysis give a generally consistent picture of

the seasonal heat transport cycle, though differing in details.
The study ofCarissimo et al.[1985], stands out as signifi-
cantly different from the other estimates in both magnitude
and overall structure.

5.2. The seasonal heat balance

In this section the fate of the transported energy is consid-
ered by examining the seasonal heat budget. The overall heat
balance for a zonally integrated section can be considered to
consist of 4 terms:

−∂Heat storage
∂t

=
∂Advection

∂y

+ Surface flux+ Diffusive flux (10)

The explicit diffusive flux in the model is small compared to
the other terms in (10). A simple scaling argument shows
that in this model, the diffusive flux of heat is of order(107)
W m−1 compared to other terms in the heat balance which
are of order(109) W m−1.

The seasonal component of the zonally integrated heat
balance in shown in Fig. 18. In the tropics out to 20◦,
the change in heat storage is balanced by the divergence
of the advection, in agreement with results from the equa-
torial Atlantic of Merle [1980] andBöning and Herrmann
[1994]; and the northern and equatorial Indian Ocean [Lee
and Marotzke, 1998]. The seasonal cycle is therefore dif-
ferent from the time-mean where the advective heat trans-
port divergence is largely balanced by the surface flux. In
this respect, most of the internal energy is moved around
in the ocean, but little moves in and out, and its influence
on climate is mollified. In the mid-latitudes the approxi-
mate balance is between the surface flux and the change in
heat storage as predicted by theory [Gill and Niiler, 1973]
and confirmed by observations [Hsiung et al., 1989]. In the
middle-latitudes, the divergence of the heat transport does
play a small, but noticeable role in both hemispheres around
40◦, consistent with the results ofHsiung et al.[1989] given
the uncertainties in their calculation.

5.3. Effects on hydrographic estimates of the time-mean

Many current estimates of the ocean’s time-mean heat
transport are based on one-time hydrographic sections. How-
ever, in light of the strong temporal variability discussed in
this paper, we must ask how representative single snapshots
of the ocean are of the time-mean circulation. This question
can be addressed by decomposing the heat transport vari-
ability into contributions associated with the different dy-
namical overturning regimes discussed in Section 3.2. The
heat transport associated with the dynamical components are
equivalent to the “barotropic”, “Ekman” and “baroclinic”
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Figure 17. Annual cycle of the divergence of the advective ocean heat transport (time-mean removed) for the (a) World
Ocean from POCM and (b)Hsiung et al.[1989]. The contour interval is 25 W m−2, gray shading indicates negative fluxes.

components ofHall and Bryden[1982]. The annual cycle
associated with each of these components is shown in Fig.
19. The Ekman mode dominates the total variability, with
the same characteristics as were discussed in the previous
section. The contribution from the barotropic circulation is
small everywhere. Interestingly, there is a region of strong
compensation between the baroclinic heat transport and Ek-
man heat transport in the area around 10◦N in the Indian
Ocean that is related to the strong monsoonal cycle there.
This feature can also be seen in the analysis of the Indian
Ocean byLee and Marotzke[1998], but a satisfactory expla-
nation is still outstanding.

The dynamical decomposition permits the separation of
the Ekman heat transport from the rest of the time varying
transport. The total variance of the barotropic and baroclinic
heat transport terms are now calculated to investigate how
well one-time hydrographic sections can measure the time-
mean heat transport. The spacing between hydrographic sta-
tions is generally around 150 to 200 km for the IGY sec-
tions. The mesoscale eddy field is well-resolved neither in

space nor in time by such sampling. The WOCE program
was designed to have higher resolution sampling so that the
mesoscale eddies would not be aliased in space. Fig. 20
shows the root-mean-square of the non-Ekman (or barotro-
pic plus baroclinic) heat transport (notice that the total vari-
ance is calculated here, not just the seasonal cycle). In the
Atlantic Ocean, away from the equator, it is about 0.2 PW.
The Pacific Ocean’s mid-latitude variations are large, around
0.3–0.4 PW, as are those in the southern Indian Ocean. This
suggests that the heat transport estimates made from hydrog-
raphy using the method ofHall and Bryden[1982] are good
to within 0.2–0.4 PW.

So far we have discussed large spatial-scale variability
and its effect on the heat transport. However, there are con-
tributions to the heat transport that are made by shorter scale
waves and vortices, which are herein referred to mesoscale
eddy variability. The POCM does not fully resolve the
mesoscale eddy field as its resolution is coarser than the
first-baroclinic Rossby radius, and as a result the model’s
mesoscale variability is about a factor 2–4 too weak [Stam-
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Figure 18. Seasonal heat balance for the zonally integrated (a) World Ocean, (b) Indian Ocean, (c) Pacific Ocean and (d)
Atlantic Ocean. The heavy solid line is the seasonal change in heat storage, the thin solid line is the divergence of the advective
heat transport, the dashed line is the surface flux component, and the dotted line is the residual of the three terms. They are
plotted such that the change in heat storage is equal to the sum of the divergence of the advective heat transport, the surface
flux and the residual.
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Figure 19. Annual cycle of heat transport associated with “barotropic” circulation (dashed line), Ekman circulation (heavy
solid line) and baroclinic shear flow (thin solid line) for the World Ocean, and the 3 ocean basins.

mer et al., 1996]. It is not clear how this affects the heat
transport by mesoscale eddies.

The contribution to the heat transport by the mesoscale
eddy field can be estimated by decomposing further the cor-
relations in the deviations from the zonal mean velocity and
zonal mean temperature.Hall and Bryden[1982] decom-
posed the baroclinic heat transport associated with the shear
flow into the transport by the zonal mean of the shear flow
and deviations from it. Letvsh be the baroclinic velocity at
each point and be composed of the zonal average,[vsh], and
deviations from thatv∗sh:

∫∫
vshθ dx dz =∫∫
[vsh][θ] dx dz +

∫∫
v∗shθ

∗ dx dz, (11)

because the zonal integrals ofv∗sh andθ∗ are zero. The sec-
ond term of the right hand side of (11) is equivalent to what
Hall and Bryden[1982] termed the “eddy contribution” to
the heat transport. It is the smallness of the temporal vari-
ations in the eddy contribution to the heat transport that is
essential to our ability to estimate the annual-mean ocean
heat transport from compilations of one time hydrographic
sections. If the temporal variability of the heat transport due
to the the zonal structure of the section is large, then hydro-
graphic surveys would be heavily aliased by the variability
and hence be of limited usefulness. This is not the case how-
ever, as is shown in Fig. 21. The root-mean-square of the
temporal fluctuations is small, of order 0.1 petawatts over
the mid-latitude oceans. Its magnitude does increase in the
tropics to 0.4 petawatts for the World Ocean. It is also about
0.4 petawatts in the Antarctic Circumpolar Current, centered
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Figure 20. Root-mean-square variability of heat transport
due non-Ekman fluctuations for the World Ocean. The
square root of the variance is in units of petawatts.

around 40◦S.

At 25◦N in the Atlantic Ocean,Hall and Bryden[1982]
found that the the eddy contribution to the heat transport was
very small, 0.016 PW, compared to the total of 1.2 PW and
that most of the baroclinic heat transport was carried by the
large scale shear. However, the value of the eddy contri-
bution was not a stable quantity, and they estimated that the
term could be up to 15 times larger, or about 0.24 PW, which
was 25% of the total heat transport. A more recent estimate
by Baringer and Molinari[1999] finds a similar uncertainty
of 0.26 PW for the same section. Here, this term has been
considered in a different manner. Its temporal variability
has been computed to estimate how reliable one time hy-
drographic sections are. At 25◦N in the Atlantic, it has a
root-mean-square variability of 0.05 PW, indicating that it
is a very minor contributor to the time dependency of the
heat transport. Away from the equator and Antarctic Cir-
cumpolar current, the mesoscale eddy field appears to have
little impact on the time-dependency of the ocean heat trans-
port. Further, it suggests that hydrographic sections do an
adequate job of sampling the heat transport due to the baro-
clinic shear. It is important to bear in mind however, that the
model is not adequately resolving the mesoscale eddy field,
and therefore this result should be confirmed with a higher
resolution model.
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Figure 21. Root-mean-square variability of heat trans-
port due to temporal changes in internal structure for the
World Ocean. The square root of the variance is in units
of petawatts.

6. Discussion and conclusions

The role of variable wind stress in forcing ocean heat
transport fluctuations has been discussed and its dynam-
ics explained. We have presented a cohesive dynamical
model for the seasonal Ekman overturning circulation was
put forward by combining and extending the work ofSchopf
[1980],Willebrand et al.[1980] andBryan[1982]. The sea-
sonal cycle of the meridional overturning streamfunction is
governed by a relatively simple set of dynamics compared to
the time-mean meridional overturning. In particular, there is
a near-complete compensation between the zonal integral of
the Ekman mass transport and the depth-independent return
flow. These dynamics appear to be very robust in OGCMs,
and are consistent with the recent results ofBöning et al.
[2000]. As part of the DYNAMO study, they found that
in three OGCMs which used different vertical-coordinates
(geopotential, isopycnic, and sigma coordinates), while dif-
fering in the mean states, were very similar in seasonal vari-
ability.

The salient dynamics can be summarized in the follow-
ing argument: An oscillation in the zonal integral over the
basin width of the zonal wind stress drives a correspond-
ing change in the integrated meridional Ekman mass trans-
port across that section. The change in the mass transport
across the zonal section creates a pressure imbalance which
through geostrophy and a series of gravity waves drives a
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depth-independent (barotropic) flow back across the section,
balancing the initial change in the Ekman transport. Hence,
there is little net flow across the section. The response is
essentially a shallow Ekman layer due to the wind stress to-
gether with a compensating flow governed by barotropic dy-
namics. The adjustment to the change in the wind is fast, as
the Ekman layer adjusts in an inertial period and the barotro-
pic transport is set up by external gravity waves which can
traverse the basin in under a day.

Within 25◦ of the equator, the observed seasonal cycle
of the zonally-integrated zonal wind is anti-symmetric about
the equator. The model of the thermally-driven tropical at-
mospheric circulation (Hadley cell) ofGill [1980] explains
this phenomenon well. The anti-symmetry of the zonal wind
drives an Ekman flow which is unidirectional and together
with continuity and direct pressure forcing drives the flow
across the equator. While this result was anticipated by the
model of Gill [1980], we are unaware of previous discus-
sions in the published literature, especially in the context of
its impact on the ocean’s meridional heat transport.

The seasonal cycle of meridional heat transport can be
well described by a simple equation relating the zonal inte-
gral of the wind stress to the Ekman layer temperature and
the section averaged potential temperature. This equation
is similar to the one used byKraus and Levitus[1986], but
we show that it only applies to the time-varying component
of the Ekman heat transport, not the total (time-mean plus
time-varying) as was previously assumed. The arguments
presented give a new, sound dynamical foundation for un-
derstanding and estimation of the time-varying Ekman heat
transport. The seasonal heat transport across the equator is
directed from the summer hemisphere into the winter hemi-
sphere, reinforcing the atmospheric energy transport by the
Hadley circulation. In the traditional time-mean picture, the
ocean and atmosphere transport heat from the tropics to-
wards the poles tempering the equator to pole temperature
difference. With this work, it is now understood how the
ocean on the seasonal timescale, in conjunction with the at-
mosphere, transports energy from the summer hemisphere
to the winter hemisphere, moderating the seasonal cycle of
ocean and atmospheric temperatures that would otherwise
occur.

In the POCM, near the equator, the global ocean’s sea-
sonal heat transport has a peak-to-peak amplitude that ranges
between 4.5 PW and 6 PW, slightly larger than the seasonal
cycle of energy transport of the atmosphere. The seasonal
cycle of the ocean’s heat transport is larger than the ampli-
tude of the time-mean ocean heat transport, particularly in
the tropics. At 7◦N, the Atlantic and Pacific Oceans have
their maximum amplitude in the seasonal cycle of 1 PW
and 3 PW, respectively. The Indian Ocean has its maximum

peak-to-peak seasonal cycle of 2.6 PW at 5◦S. At about 20◦

from the equator, the seasonal cycle of the Ekman heat trans-
port reverses sign, leading to a maximum convergence (di-
vergence) of heat in the latitudes around 15◦ in the winter
(summer) hemisphere. In the tropics, the advected energy
produces the seasonal cycle in heat storage that is out of
phase with the surface heat gain. In the mid-latitudes, the
surface heat flux is largely in balance with storage in agree-
ment with the theory byGill and Niiler [1973], however in
the Pacific Ocean the divergence of Ekman heat transport
plays a small, but noticeable role. At high latitudes, the
seasonal heating and cooling of the Ekman layer drives the
time-dependency of the heat transport there. The model’s
seasonal heat transport cycle is consistent with observational
estimates [Hsiung et al., 1989].

Despite the Ekman transport’s strong impact on the time-
dependent heat transport, the largely depth-independent char-
acter of its associated meridional overturning streamfunction
means that the strong heat transport variability does not af-
fect estimates of the time-mean heat transport made by one-
time hydrographic surveys, provided that the Ekman layer
contribution is estimated from the time-mean wind stress.
The dynamical arguments presented here do not support the
assumptions made byBryden et al.[1991] that the ocean’s
response to the seasonal wind cycle is confined to the upper
700 m. These results extend the study ofBöning and Her-
rmann[1994], which were limited to the North Atlantic, to
all the ocean basins. Away from the tropics, the heat trans-
port variability associated with the barotropic gyre and baro-
clinic circulations, are much weaker than the Ekman vari-
ability, and can amount to a 0.2–0.4 PW variance in the
heat transport measured by a one-time hydrographic survey.
Hence estimates of the time-mean heat transport made from
one-time hydrographic surveys using the method ofHall and
Bryden[1982] are fundamentally sound.

This review has focused on the Ekman heat transport and
its dynamics since they dominate the global picture. How-
ever, locally other dynamics may be important. Indeed, at
24◦N in the Atlantic Ocean,Baringer and Molinari[1999]
using repeat hydrography found an annual cycle in the the
baroclinic heat transport of about 0.5 PW (peak-to-peak).
This latitude happens to be near the node of the seasonal
cycle of wind stress, and as a result experiences a very small
annual cycle in Ekman heat transport. Therefore, at 24◦N the
largest contribution to the annual cycle comes from changes
in the baroclinic structure. One of the goals of future obser-
vations and modeling efforts should be to understand these
baroclinic heat transport variations, as well as longer time
scale variability.
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