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[1] Observations have shown that large areas of the world ocean are characterized by
lower than expected chlorophyll concentrations given the ambient phosphate and nitrate
levels. In these High Nutrient-Low Chlorophyll regions, limitations of phytoplankton
growth by other nutrients like silicate or iron have been hypothesized and further
evidenced by in situ experiments. To explore these limitations, a nine-component
ecosystem model has been embedded in the Hamburg model of the oceanic carbon
cycle (HAMOCC5). This model includes phosphate, silicate, dissolved iron, two
phytoplankton size fractions (nanophytoplankton and diatoms), two zooplankton size
fractions (microzooplankton and mesozooplankton), one detritus and semilabile
dissolved organic matter. The model is able to reproduce the main characteristics of two
of the three main HNLC areas, i.e., the Southern Ocean and the equatorial Pacific. In
the subarctic Pacific, silicate and phosphate surface concentrations are largely
underestimated because of deficiencies in ocean dynamics. The low chlorophyll
concentrations in HNLC areas are explained by the traditional hypothesis of a
simultaneous iron-grazing limitation: Diatoms are limited by iron whereas
nanophytoplankton is controlled by very efficient grazing by microzooplankton.
Phytoplankton assimilates 18 � 109 mol Fe yr�1 of which 73% is supplied by
regeneration within the euphotic zone. The model predicts that the ocean carries with it
about 75% of the phytoplankton demand for new iron, assuming a 1% solubility for
atmospheric iron. Finally, it is shown that a higher supply of iron to surface water leads
to a higher export production but paradoxically to a lower primary
productivity. INDEX TERMS: 1050 Geochemistry: Marine geochemistry (4835, 4850); 4815

Oceanography: Biological and Chemical: Ecosystems, structure and dynamics; 4842 Oceanography:

Biological and Chemical: Modeling; 4845 Oceanography: Biological and Chemical: Nutrients and nutrient
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1. Introduction

[2] Until recently, the magnitude of the biological pump
was thought to be predominantly controlled by the avail-
ability of macronutrients nitrate and phosphate and by
sunlight levels. In particular, when sunlight is sufficient,
there is generally a positive correlation between macro-
nutrients concentrations and phytoplankton biomass, at least
in open ocean ecosystems. However, in three major areas of
the world ocean, that is the subarctic Pacific, the eastern and
central equatorial Pacific, and the Southern Ocean, this

common view does not seem to hold. Elevated nitrate and
phosphate concentrations persist throughout the year in
surface waters with relatively modest phytoplankton levels.
These regions of ‘‘lower than expected’’ chlorophyll have
been termed high nutrient-low chlorophyll (HNLC) [e.g.,
Martin and Fitzwater, 1988; de Baar et al., 1990].
[3] Three main hypothesis have been proposed to

explain the paradox of these areas. First, phytoplankton
growth may be limited by other nutrients than phosphate
or nitrate, in particular by the micronutrient iron [Martin
and Fitzwater, 1988]. This iron limitation hypothesis has
been then supported by local iron enrichment experiments
in the equatorial Pacific (IRONEX II [Coale et al., 1996])
and in the Southern Ocean (SOIREE [Boyd et al., 2000]).
Because of the requirement diatoms have for silicon,
silicate may also play a key role, either in the equatorial
Pacific ocean [Dugdale and Wilkerson, 1998] or in the
Antarctic Circumpolar Current [Jacques, 1983; Sommer,
1986]. Second, a high grazing pressure may remove a
substantial part of the phytoplankton biomass [Frost,
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1991]. Finally, unfavorable light-mixing regime may pre-
vent phytoplankton from blooming, especially in the
Southern Ocean where the summer mixed layer depth is
about 60–120 m [Nelson and Smith, 1991]. In fact, the
consensus is now that iron or silicate is limiting the growth
of large cells, mainly diatoms [Chavez et al., 1991; Fitz-
water et al., 1996]. The predominant small-sized phyto-
plankton which has low iron requirement is maintained at
modest levels by efficient grazing by microzooplankton
[Landry et al., 1995; Verity et al., 1996].
[4] Because of the potential crucial role iron has in the

ocean biological pump, there has been in the recent years
an increasing interest in the biogeochemical cycling of iron
[e.g., Johnson et al., 1997; Gerringa et al., 2000]. Thanks
to the increasing amount of iron data [e.g., Martin et al.,
1993; de Baar et al., 1999; Sohrin et al., 2000], the iron
distribution has been shown to exhibit a nutrient-like
vertical distribution with very low concentrations in the
euphotic zone and much higher levels in the subsurface
and deep ocean [Johnson et al., 1997]. However, iron
shows remarkable features as emphasized by Johnson et
al. [1997]. First, iron differs from other nutrients like
nitrate or phosphate in the sense that its concentrations
does not increase from the North Atlantic deep waters to
the North Pacific deep waters. Second, unlike rapidly
scavenged elements like aluminum or manganese, iron
distribution does not exhibit decreasing concentrations
with depth and as the age of water masses increases from
the North Atlantic to the North Pacific.
[5] These remarkable patterns have lead Johnson et al.

[1997] to hypothesize that iron scavenging is strongly
reduced below 0.6 nM, which seems to be approximately
an upper limit for iron concentrations in the deep open
ocean. This reduction may be due to complexation of
dissolved iron by strong organic ligands with this capacity
of about 0.6 nM. In fact, observations have found such a
strong class of chelators both in the Atlantic and in the
Pacific ocean [Wu and Luther, 1995; Rue and Bruland,
1995]. Furthermore, recent studies have also shown that
most of the dissolved iron in open ocean waters is bound to
strong organic ligands [van den Berg et al., 1995; Nolting et
al., 1998]. Johnson et al. [1997] suggested an alternative
mechanism to explain these relatively constant iron con-
centrations in the deep ocean: a chemical equilibrium
between the dissolved and particulate phases of iron. How-
ever, none of these mechanisms is yet certain.
[6] New iron is supplied to surface waters by three

different sources. By new iron, we mean iron that is not
regenerated within the euphotic zone (similar to the concept
of new production as defined by Eppley and Peterson
[1979]). The first source is atmospheric deposition from
mineral dusts. This supply is hypothesized to be dominant
for the open ocean, especially because HNLC regions are
generally remote areas with very low dust deposition [Duce
and Tindale, 1991]. The second source is the vertical supply
of iron from below the euphotic zone by advection or
vertical mixing, that may dominate in areas of deep con-
vection, like the Southern Ocean and the North Atlantic,
and in regions of strong upwelling, for instance the equa-
torial Pacific. Finally, iron is supplied to the ocean from

rivers and continental-shelf sediments. Because of the
relatively short lifetime of iron in surface waters, this source
is thought to be relatively minor for the open ocean (but not
for coastal zones). However, satellite data have shown large
chlorophyll concentrations near the Kerguelen Island in the
Southern Ocean which suggest that this natural iron enrich-
ment by land may be important even in open ocean [Blain et
al., 2001]. On global scale, the relative importance of those
different sources of iron for the biological pump is not
known and under debate. Based on models, Archer and
Johnson [2000] and Moore et al. [2002a] have estimated
that about 70–80% of the new iron is originating from the
subsurface. On the other hand, from observation and model
results, Fung et al. [2000] found that atmospheric deposi-
tion is dominant, representing up to 93% of the total supply
of new iron. All these studies ignored the coastal supply of
iron.
[7] Models represent a powerful tool to understand the

ocean carbon-cycle and the role of the biological pump of
CO2. In the global ocean carbon-cycle model class, only
one limiting nutrient and one generic phytoplankton
compartment are generally modeled. Thus, these models
are not suitable for HNLC areas, where they simulate
much too high phytoplankton biomasses [Six and Maier-
Reimer, 1996; Aumont et al., 2002; Palmer and Totterdell,
2001]. Models with multiple limiting nutrients (generally
iron/nitrogen or iron/nitrogen/silicon) have been used in
1-D configurations [Pondaven et al., 1998; Leonard et al.,
1999; Lancelot et al., 2000] and in a 3-D regional model
of the equatorial Pacific ocean [Christian et al., 2002].
Very recently, a model with four limiting nutrients (nitro-
gen/phosphorus/iron/silicon) has been developed in a 1-D
configuration [Moore et al., 2002b] and then applied to
the global scale [Moore et al., 2002a]. To our knowledge,
this study is the first attempt to model multiple colimita-
tions on the global scale with such a detailed model.
However, this work is not based on a true 3-D coupled
biogeochemical/dynamical model of the global ocean as
the ecosystem model is embedded in a physical mixed-
layer grid. Thus no horizontal transport is considered and
a simplified treatment of vertical transport is applied. In
this paper, we discuss the results of a global 3-D ocean-
carbon cycle model which includes colimitation by phos-
phate, iron and silicate. The ecosystem model is based on
two phytoplankton size-classes (pico-/nanophytoplankton
and diatoms) and two zooplankton size-classes (micro-
zooplankton and mesozooplankton). In a first step, the
behavior of the model is evaluated with available obser-
vations. Then, the role of the different limiting nutrients
and phytoplankton classes are analyzed. Finally, the
budget of iron in the photic zone is more extensively
examined.

2. Model Description

[8] The HAMOCC5 model is based on an off-line version
of the Hamburg Large Scale Geostrophic model (LSG) of
the global ocean with realistic topography [Maier-Reimer et
al., 1993]. The horizontal resolution is uniformly 3.5 by 3.5
degrees. The model has 22 vertical layers, whose thickness
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varies from 50 m at the surface to 800 m at the bottom of the
ocean (set to 6000 m). The LSG model provides monthly
mean fields of advection, convective events, temperature
and salinity, which are used to simulate the spatial and
temporal distribution of the tracers. These fields, except for
convective events, are linearly interpolated onto the tempo-
ral resolution of the biological model, which is set to 3 days.
Convection is applied once a month with special treatment
of phytoplankton growth (see below) to avoid numerical
instabilities. Advective transport of tracers is computed
using an upstream scheme.
[9] The HAMOCC5 model is derived from the

HAMOCC3.1 model described by Six and Maier-Reimer
[1996]. The main difference is the limitation of the autotro-
phic activity not only by phosphate but also by iron and
silicate. These additional limitations have required to split the
original generic phytoplankton reservoir into two distinct
compartments corresponding to pico-/nanophytoplankton
and diatoms, the latter requiring silicate and high level of
iron for growth. Accordingly, two size-classes of zooplankton
have been distinguished, the microzooplankton and the
mesozooplankton. Thus the ecosystem model now includes
eleven compartments (see Figure 1): phosphate (N), silicic
acid (Si), and iron (Fe) as colimiting nutrients, nanophyto-
plankton (P), diatoms (D) and silicon content of diatoms
(D8), microzooplankton (Z) and mesozooplankton (M), dis-
solved organic carbon (DOC), particulate organic carbon
(POC) and iron content of POC (PFe).The governing equa-
tions are given in Table 1. POC and PFe are considered to be
only nonliving particles. Particles produced in the euphotic
zone are instantaneously exported into the intermediate and
deep ocean with a prescribed power-law profile [Suess,
1980]. DOC in the model is supposed to represent the semi-
labile component of the dissolved organic carbon pool. This

compound has been shown to be potentially important for
horizontal and vertical export of nutrients and carbon [Carl-
son et al., 1994] as well as for seasonal storage of nutrients
[Bodungen and Kahler, 1994]. In addition to the ecosystem
model, HAMOCC5 also simulates dissolved inorganic car-
bon (DIC), total alkalinity (TALK) and oxygen (O2).

2.1. Biogeochemical Model

[10] In this section, we only describe the new parameter-
izations adopted to model the iron and silicon cycles and the
modifications that were necessary to incorporate their
effects on marine productivity. Since most of the other
parameterizations used in HAMOCC5 are common to other
models, they are simply listed in Table 2 with the appro-
priate references the reader could refer to for further
information.
[11] The temporal and spatial distribution of the incom-

ing light I0 is prescribed from monthly climatological
fields constructed from 8 years of 12-hour weather anal-
yses from the European Centre for Medium-Range
Weather Forecasts (ECMWF). No light penetration is
assumed through the sea-ice cover predicted by the LSG
model. In addition to light limitation, a parameterization of
Lagrangian production inhibition in case of deep mixing
proposed by André [1990] has been included. As shown
by Lévy et al. [1998], such parameterization improves
model prediction. Here, only two cases are considered:
When the mixed layer depth, the vertical extent of the
convective mixing in the LSG model, is shallower than the
euphotic zone, phytoplankton growth rate is not reduced
(Lm = 1); in the opposite case, phytoplankton growth is
reduced by 90% (Lm = 0.1). In work by André [1990], a
transitory case is considered when the mixed layer depth is
comprised between the euphotic depth and twice the depth

Figure 1. Annual mean nutrients fluxes between the modeled compartments of HAMOCC5. Left panel
corresponds to carbon fluxes (in Gt C yr�1). Right panel shows the iron fluxes (in 109 mol Fe yr�1). The
bottom limit of the productive zone is set to 100 m in the model.
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of the euphotic zone. Furthermore, because of the crude
vertical resolution of the LSG model, the euphotic depth is
set uniformly to 100 m over the global ocean, that is the
depth of the productive zone.

[12] It has been suggested that sinking of diatoms may be
favored by silicate or iron starvation [Muggli et al., 1996].
Since in our model, no sinking is considered for phyto-
planktonic cells, we mimic this net loss by increasing

Table 1. Source/Sink Budget Due to Biogeochemical Processes in the Top 100 m of the Ocean Model

Sources/Sinks

S(P) mPLmLPP � mP
P�Pminð Þ
KPþP

P � gZ Pð ÞZ � gP P � Pminð Þ
S(D) mDLmLDD� mD

D�Dminð Þ
KDþD

D� gM Dð ÞM � gD D� Dminð Þ
S(D?) Si

C

� �
mDLmLDD? � mD

D
KDþD

D? � gM Dð ÞD?

D
M � gD

D?

D
D� Dminð Þ

S(Z ) �ZsZgZ(P)Z � mZ (Z � Zmin) � gZ (Z � Zmin) - gM(Z)M

S(M ) �MsM (gM(D) + gM(Z ))M � mM(M � Mmin) � gM(M � Mmin)

S(DOC ) gP(P � Pmin)P + gD (D � Dmin)D + gZ(Z � Zmin) + gM (M � Mmin) � rdoc(N ) DOC

S(POC ) F1 � rpocPOC

RC:PS(N ) �mPLmLPP � mDLmLDD + sZ (1 � �Z)gZ(P)Z + mZ(Z � Zmin) + sM (1 � �M)(gM(D) + gZ(Z ))M + mM �can (M �Mmin) + rdoc(N)DOC
+ rpocPOC

S(Si) � Si
C

� �
mDLmLDD? þ r Sið Þ

S(Fe) Fe
C

� �P
(�mPLmLPP + gP (P � Pmin) + gZ (Z � Zmin) + gM (M � Mmin) + mM (1 � �can)(M � Mmin) + sZ (1 � �Z)gZ(P)Z

+ sM (1 � �M)gM(Z )M + Fe
C

� �D
(�mDLmLDD + sM(1 � �M)gM(D)M + gD (D � Dmin)D) +

Fe
C

� �P� Fe
C

� �D
�M sMgM(D) M

+ rpocPFe � lscavmax (0, (Fe � 0.6 nM))

S(PFe) G(P, D, Z, M, z) � rpocPFe

Table 2. Source/Sink Terms for Phytoplankton and Zooplankton

Process Equation Reference

Phytoplankton
Growth rate m ¼ f Tð Þf Lð Þffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi

f Tð Þ2þf Lð Þ2
p Jassby and Platt [1976]

Light limitation f Lð Þ ¼ I0aPAR 1
z

R
z
e�kzdz

Temperature dependence f (T ) = abcT Eppley [1972]

Nutrient limitation for P LP ¼ min N
KP
N
þN

; Fe
KP
Fe
þFe

� �
Nutrient limitation for D LD ¼ min N

KD
N
þN

; Fe
KD
Fe
þFe

; Si
KD
Si
þSi

� �
Chl/C in phytoplankton Chl

C

? ¼ Chl
CM � Chl

C

M � Chl
C

m
� �

min L
Imaxpar

; 1
� �� �

LP;D Doney et al. [1996]

Microzooplankton
Grazed nanophytoplankton gZ Pð Þ ¼ gZ

P
KZþP

Fasham et al. [1990]

Mesozooplankton
Grazed diatoms gM Dð Þ ¼ gM

pDD
KMþpDDþpZZ

Fasham et al. [1990]

Grazed microzooplankton gM Zð Þ ¼ gM
pZZ

KMþpDDþpZZ
Fasham et al. [1990]

Preference for diatoms pD ¼ pDD
pDDþpZZ

Fasham et al. [1990]

Preference for Z pZ ¼ pZZ
pDDþpZZ

Fasham et al. [1990]

DOC
Remineralization rate rdoc Nð Þ ¼ d0

N
Nþkd

Six and Maier-Reimer [1996]

POC
Export F1 ¼ TPP1 þ TPP2ð Þ @

@z
z

100

� ��0:8
Suess [1980]

Phytoplankton POC TPP1 ¼
R 100m
0

mP
P�Pminð Þ
KPþP

P þ mD
D�Dminð Þ
KDþD

D
� �

dz

Zooplankton POC TPP2 =
R
0
100m((1 � sZ)gZ (P)Z + (1 � sM)(gM(D)

+ gZ(Z))M + mM(1 � ecan)(M � Mmin))dz

Silicate
Export r Sið Þ ¼ TSI @

@z ðe
� z

6kmÞ Maier-Reimer [1993]

Biogenic Si Production TSI ¼
R 100m
0

mD
D

KDþD
D? þ gM Dð ÞD?

D
M þ gD

D?

D
D� Dminð Þ

� �
dz
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mortality to a threshold value when iron or silicate concen-
trations tend to zero:

mD ¼ mmin if Si > KD
Si and Fe > KD

Fe

mD ¼ mmax þ mmin � mmaxð Þmax

Si
KD
Si

;

Fe
KD
Fe

 !

if Si � KD
Si and Fe � KD

Fe ð1Þ

where mmin and mmax are respectively the minimum and maximum

diatoms specific mortality rates. The maximum sinking speed of
nutrient-starved diatoms can reach 10 m d�1 [Smetacek, 1985].

Related to the thickness of the upper layers of the LSG model
(50 m), this speed leads to a maximum loss rate of 0.2 d�1.

[13] Observations have shown that the Si
C

ratio is not
constant over the ocean. In particular, diatoms in subtropical
and tropical areas, where ambient silicic acid concentrations
are often below 1 mmol L�1, may have Si

C
ratio five times as

low as in Si-replete areas [e.g., Brzezinski, 1992]. Further-
more, this ratio seems to increase in iron-limited regions by
up to three or four times [e.g., Franck et al., 2000]. Thus,
we have adopted the following very simple formulation to
describe the Si

C
ratio for silicon uptake rate:

Si

C

	 

¼ Si

C

	 
av

min 1:;
Si

Ksi

	 

4:� 3�min 1:;

Fe

KD
Fe

	 
	 

ð2Þ

where Si
C

� �av
is the mean value of this ratio as proposed by

Nelson et al. [1995] for the global ocean.
[14] Experimental data have shown that the half-satura-

tion constant for diatom growth varies greatly over the
ocean [e.g., Nelson and Treguer, 1992]. Putting these data
together, Pondaven et al. [1999] have found a significant
linear relationship between the value of Ksi

D and the ambient
silicic acid concentration. For instance, in the North Atlantic
ocean, this constant is around 1 mmol Si L�1 whereas in the
silicate-rich Southern Ocean, values are much higher rang-
ing between 4 and almost 90 mmol Si L�1. However, in the
latter region, observations may be biased to high values
because of a possible iron limitation. In vivo experiments
generally show values between 1 and 8 mmol Si L�1,
varying with the ambient silicic acid concentration (A.
Laynaert, personal communication, 2001). Thus, in
HAMOCC5, we have adopted an alternative parameter-
ization to that proposed by Pondaven et al. [1999] to
account for an upper bound of 8 mmol Si L�1:

KD
Si ¼ 0:8þ 7:2

Si

K?
Si þ Si

ð3Þ

where K?
Si is set to 30 mmol Si L�1, a high value which

ensures an almost linear behavior for small Si concentra-
tions as given by Pondaven et al. [1999].
[15] The equation for iron changes is given in Table 1

(S(Fe)). This rather long equation is based on two assump-
tions. First, all the dissolved iron in seawater is supposed to
be bioavailable for phytoplankton uptake. Thus, no distinc-
tion is made between the different forms of dissolved iron (for

instance, between free, complexed and colloidal iron). Sec-
ond, particulate organic iron (PFE) is assumed to be remin-
eralized at the same rate as POC, as suggested by comparison
between iron, nitrate and phosphate profiles [Johnson et al.,
1997]. Finally, because mesozooplankton and diatoms do not
have the same Fe

C
; iron conservation required a special treat-

ment for grazing. The excess iron taken up by mesozoo-
plankton on diatoms is released to the dissolved iron pool in
surface waters. Indeed mesozooplankton can adjust their iron
content by directly excreting excess iron. Dissolved iron in
the water is not allowed to fall below 0.02 nM which is the
minimum detection limit for dissolved iron.
[16] The Fe

C
ratio is quite difficult to evaluate and shows

high variability over the ocean. The iron requirement for
photosynthesis varies with species, iron availability, and
light levels [Sunda and Huntsman, 1997]. Generally, nano-
phytoplankton has a lower requirement for dissolved iron
than diatoms. Furthermore, diatoms seem to be able to adapt
their iron need to the local availability in iron. Finally, iron
uptake rates do not seem to be sensitive to light levels
[Sunda and Huntsman, 1997]. In other words, at the bottom
of the euphotic zone, phytoplanktonic cells increase their Fe

C
to maintain their maximum possible iron uptake rate. This
increase induces higher removal rates of iron relative to
other nutrients leading to higher Fe limitation, especially in
surface waters.
[17] For all species except for diatoms, we have adopted a

constant Fe
C

� �P
ratio set to a slightly higher value (4 � 10�6

mmol Fe mol C) than the minimum ratio needed for cell
maintenance (3� 10�6mmol FemolC) inferred by Sundaand
Huntsman [1997]. For diatoms, we assumed the following
empirical relationship based on the previous considerations:

Fe

C

	 
D

¼ Fe

C

	 
min

þ
Fe
C

� �? Fe
KDþFe
Fe

f Lð Þffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
f Lð Þ2þf Tð Þ2

p
ð4Þ

where the denominator on the right hand side of this
equation denotes the light effect, the numerator represents
the effect of the availability in iron on the Fe

C
ratio. The

expression for the light effect has been chosen to remove
the light impact on the iron uptake rate by diatoms without
changing the minimum requirement for cell maintenance.
To avoid infinite values in case of no light (f(L) = 0), we set
an upper bound of 1/30000 to this ratio.
[18] Iron, like other seawater metals (i.e., aluminium), is

subject to scavenging by adsorption onto particles or
precipitation. However, unlike these metals, observations
suggest that the scavenging rates of iron should strongly
decrease for concentrations below that 0.6 nM limit as iron
concentrations rarely exceed that value in the open ocean
[Johnson et al., 1997]. To account for Fe scavenging, we
have adopted the simple numerical model proposed by
Johnson et al. [1997]:

SFe ¼ lscav max 0; Fe� 0:6nMð Þð Þ ð5Þ

[19] Based on numerical experiments using this parame-
terization, Johnson et al. [1997] has estimated lscav to 1

200yr
;
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which is of the order of the estimated lifetime of iron in the
ocean [Bruland et al., 1994]. However, since a major
process for iron scavenging is adsorption onto particles
[Archer and Johnson, 2000], scavenging rates are likely
to be related to the particle load of seawater. Thus we
suggest the following parameterization for lscav:

lscav ¼ l0
scav þ l?

scav P þ Dþ Z þM þ POCð Þ ð6Þ

where lscav
0 is the minimum scavenging rate set in

HAMOCC5 to the value proposed by Johnson et al.
[1997] for deep ocean scavenging rates, where the particle
load is the lowest. l?

scav has been determined by a set of
sensitivity experiments to avoid very high accumulation in
the subsurface equatorial Pacific ocean (see for instance
Archer and Johnson [2000, Figure 4]) and in areas of high
particle deposition from the atmosphere. We are aware that
this parameterization is very simplistic, partly because it
does not account for crustal particles that may also enhance
removal rates of iron from surface waters, especially in
areas of intense aeolian input.
[20] In our standard simulation, we considered only

atmospheric deposition of iron. We used the global monthly
deposition maps from the Tegen and Fung [1995] dust model
(Figure 2). Following Fung et al. [2000], we have assumed a
relative iron content of 5% in silt particles and 1.2% in clay
particles. However, all the iron deposited to the ocean is not
readily available for biology. Based on a compilation of
observations and on model budgets, Jickells and Spokes
[2001] have estimated that between 0.8% and 2.1% of the
deposited iron is rapidly soluble in seawater and thus, may
be bioavailable. This range is significantly lower than the
10% bioavailability used by Duce and Tindale [1991]. Here
we have used a 1% solubility for deposited iron, an inter-
mediate value inside the range given by Jickells and Spokes

[2001]. Using these numbers for solubility and iron abun-
dance in mineral aerosols, the total Fe deposition rates to the
ocean surface were 149.7 � 109 mol yr�1, of which about
1.5 � 109 mol yr�1 are available for phytoplankton uptake.

2.2. Initial Conditions and Model Integration

[21] Biological parameters and their values are listed in
Table 3. The model uses only one set of parameter values
for the global ocean. When available, these values have
been taken from the literature. However, some not very well
constrained (or even unknown) parameters have been
adjusted within a ‘‘reasonable’’ range of values to achieve
consistency with observations (for instance, the zooplankton
mortality rates). This adjustment has been performed by
successive model runs.
[22] We started the biological run from fields of

HAMOCC3.1 [Six and Maier-Reimer, 1996]. Both phyto-
plankton size-classes and zooplankton size-classes have
been initialized with values from generic phytoplankton
and zooplankton distributions simulated by HAMOCC3.1.
Fe has been set to the observed mean deep ocean value (0.6
nM) everywhere. PFe has been inferred from POC distri-
bution using a constant conversion ratio of 5 mmol Fe (mol
C)�1. The model has been integrated for 4000 years. At this
state, it is close to equilibrium with global primary produc-
tion drifting by less than 0.001 GtC yr�1.

3. Results

3.1. Nutrients Budgets

[23] The carbon and iron fluxes simulated by HAMOCC5
are displayed in Figure 1 for the euphotic zone (i.e., the
upper 100 m of the ocean model). The iron budget is
analyzed and discussed later in section 4.2. The annual
net primary production for the global ocean is estimated to
42.6 Gt C yr�1. This value falls within the range of recent

Figure 2. Annual mean atmospheric deposition of iron to surface waters from Tegen and Fung [1995].
Units are mmol Fe m�2 yr�1. Shaded areas are for values above 5 mmol Fe m�2 yr�1.
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estimates that give values between 36 and 57 Gt C yr�1

[Longhurst et al., 1995; Antoine et al., 1996; Behrenfeld
and Falkowski, 1997]. Because of its coarse resolution,
HAMOCC5 is not able to correctly resolve the coastal
upwellings (for instance, the Peru upwelling), which are
generally very productive zones [Six and Maier-Reimer,
1996]. Furthermore, mesoscale activity has been shown to
have the potential to significantly enhance biological pro-
duction [Lévy et al., 1998; McGillicuddy et al., 1998]. Thus,
higher model resolution would certainly increase the pre-
dicted primary production.
[24] About one fifth of the predicted net primary produc-

tion is due to diatoms. Estimates of the contribution of
diatoms to global primary production are scarce and rather
uncertain. Nelson et al. [1995] suggest that diatoms may be
responsible for up to 40% of the total primary production
for the global ocean, which is about twice as much as what

HAMOCC5 simulates. However, in their budget, they
assumed that diatoms represent about 35% of the phyto-
plankton standing stock in oligotrophic areas. Observations
in the equatorial Pacific ocean, in the North Pacific sub-
tropical gyre and in the Atlantic ocean show that diatoms
contribution is generally less than 10% of the total phyto-
plankton biomass [e.g., Scharek et al., 1999; Belviso et al.,
2001]. Furthermore, in the Southern Ocean, measurements
of the diatoms relative abundance are generally below 50%,
except in the Polar Front Zone and along the Antarctic
Coast, a significantly lower value than the 75% assumed by
Nelson et al. [1995] [e.g., Fiala et al., 1998; Bracher et al.,
1999]. Thus, the estimate of Nelson et al. [1995] may be an
upper limit of the diatoms contribution to the global net
primary production. An older study by Malone [1980]
suggests that about 80% of the primary production in
oceanic waters of equatorial and temperate regions is related

Table 3. Biological Parameter Values and Definitionsa

Symbol Unit Value Definition

Phytoplankton Size-Classes
a day�1 0.851 growth rate at 0�C
b 1.066 temperature sensitivity of growth
c �C�1 1 temperature dependence of growth
a day�1m2W�1 0.03 initial slope of P-I curve
k m2(W day)�1 0.025 light extinction coefficient
I0 W m�2 irradiance at the surface
PAR 0.40 photosynthetically active radiation
KN mmol P L�1 0.03/0.1 half-saturation constant for phosphate uptake
KFe nmol Fe L�1 0.02/0.12 half-saturation constant for iron uptake
KD
Si mmol Si L�1 0.8–8 half-saturation constant for silicate uptake

Pmin, Dmin mmol C L�1 0.01 minimum phytoplankton concentration
KP, KD mmol C L�1 0.05 half-saturation constant for phytoplankton mortality
g day�1 0.05/0.03 exudation rate of DOC
mP day�1 0.008 specific mortality rate of nanophytoplankton
mmin day�1 0.01 minimum mortality rate of diatoms
mmax day�1 0.2 maximum mortality rate of diatoms
Chl
CM mg Chl (mg C)�1 1

37
maximum \raise 1pt\frac{{Chl}\over{C}} ratio

Chl
CM mg Chl (mg C)�1 1

90
minimum \frac{{Chl}\over{C}} ratio

Ipar
max W m�2 90 critical irradiance for photoadaptation

ðSi
C
Þav mmol Si (mmol C)�1 0.13 average Si

C
for diatoms

Zooplankton Size-Classes
� 0.4 grazing efficiency
s 0.15/0.25 egestion as faecal pellets
g day�1 14/3 maximum grazing rate
KZ, KM mmol C L�1 18 half-saturation constant for grazing
pD, pZ 0.5, 0.5 mesozooplankton feeding preferences
m day�1 0.01/0.05 specific mortality rate
g day�1 0.25/0.05 excretion rate of DOC
�can 0.7 POC loss from higher trophic levels
Zmin, Mmin mmol C L�1 0.01 minimum zooplankton concentration

Organic Matter
lDOC day�1 0.01 DOC remineralization rate
kd mmol P L�1 0.3 half-saturation constant for DOC remineralization
rpoc yr�1 0.24 detrital breakdown rate
RC:P 122:1 Redfield ratio of carbon to phosphate

Iron
Fe
C

P
4 � 10�6 ratio of iron to carbon in zooplankton and nanophytoplankton

Fe
C

min
3 � 10�6 minimum ratio of iron to carbon in diatoms

Fe
C

?
17 � 10�6 slope of the ratio of iron to carbon for diatoms

l0scav yr�1 0.005 minimum scavenging rate of iron
l?
scav yr�1 (mmol C L)�1 5 � 103 slope for the scavenging rate of iron

aWhen two values are given (separated by a / ), the first value refers to the smallest size-class (nanophytoplankton or microzooplankton)
and the second value refers to the largest size-class (diatoms or mesozooplankton).

AUMONT ET AL.: AN ECOSYSTEM MODEL OF THE WORLD OCEAN 29 - 7



to nanophytoplankton. Furthermore, the modeling study by
Moore et al. [2002a] found that diatoms represent about
24% of the global primary production, a value close to ours.
[25] The model predicts that 10.6 Gt C yr�1 are exported

below the euphotic zone. About 85% of this flux is related
to the vertical sedimentation of particles. The remainder is
mostly due to vertical advection and mixing of dissolved
organic materials, especially in the high latitudes where
convective mixing is intense. Estimating the contribution of
the different living compartments to the export production is
only partly feasible in the model, as a substantial fraction of
this export is due to dissolved organic matter, which is not
differentiated according to its origin. However, if we only
consider the amount of carbon exported as POC, the ‘‘large
cells loop’’ (diatoms and mesozooplankton) represents 55%
of the 9.2 Gt C yr�1 that sink out of the euphotic zone, but
only 20% of the net primary production. Thus for this loop,
the e-ratio (defined as the ratio of the export production to
the primary production) equals 0.61, which is typical of the
Southern Ocean and of spring blooms in high latitudes
where diatoms dominate [e.g., Semeneh et al., 1998]. For
the small size classes (microzooplankton and nanophyto-
plankton), the e-ratio is much smaller, about 0.12. This
value is typical of oligotrophic regions, like the subtropical
gyres, where primary production is mostly sustained by
regenerated production.
[26] For silicate, the model predicts a vertical export of

biogenic silicate of 106 Tmol Si yr�1. This value is close to
the 120 ± 20 Tmol Si yr�1 estimated for the global open
ocean [Treguer et al., 1995]. The mean Si

C
for diatoms uptake

as predicted by HAMOCC5 is thus 0.15, similar to the
average 0.13 ± 0.05 estimated for the global ocean [Nelson
et al., 1995]. However, observations suggest that about 50%
of the biogenic silica redissolves in the upper 100 m of the
ocean [Nelson et al., 1995]. Such redissolution is not taken
into account in HAMOCC5. This means that the predicted
silica export should be halved. Yet, the modeled distribution
of surface silicate is in reasonable agreement with the
observations (see Figure 5). Reducing the silica export
would noticeably increase mean surface concentrations.
Another means would be to increase diatoms production.
However, such increase is not possible in HAMOCC5 as
diatoms growth is already limited by nutrients availability.
Thus, there seems to be an inconsistency between model
predictions and the observations.

3.2. Surface Chlorophyll

[27] Figure 3 shows a comparison between modeled and
SeaWiFS chlorophyll concentrations for May and Novem-
ber. The overall observed patterns are qualitatively and
quantitatively reproduced by the model. Very low chloro-
phyll concentrations of less than 0.05 mg Chl m�3 are found
in the oligotrophic subtropical gyres both in the model and
in the observations. In HAMOCC3.1, concentrations were
much higher than observed in these areas [Six and Maier-
Reimer, 1996]. Most of the improvement in HAMOCC5 is
due to the use of a variable Chl

C
ratio, which decreases to

values around 1
150

in the center of the subtropical gyres
whereas in HAMOCC3.1, this ratio was kept constant to 1

60
:

In the equatorial regions, both observed and simulated

chlorophyll concentrations are relatively modest around
0.2–0.25 mg Chl m�3. In particular, the model is able to
reproduce the quite low levels observed in the equatorial
Pacific ocean, despite sufficient phosphate. Earlier versions
of the model but also other global ocean carbon cycle
models were overpredicting the phytoplankton biomass in
this region by as much as three times when based on only
phosphate or nitrate as a limiting nutrient [Six and Maier-
Reimer, 1996; Aumont et al., 2002].
[28] During the productive season, chlorophyll concen-

trations are high in the middle and high latitudes in each
hemisphere. In the North Atlantic, the extent of the region
where concentrations are higher than 0.6 mg Chl m�3 is
underestimated by the model, especially in the western part
of the basin. Month-by-month comparison with satellite
data shows that high chlorophyll concentrations are
observed in this area during the whole Spring whereas
HAMOCC5 simulates a single strong pulse in April. A
possible explanation for this deficiency might be the lack of
a synoptic forcing. Occasional wind bursts in these regions
deepen the mixed layer during short time periods and then
partly replenish surface waters with nutrients. In the North
Pacific Ocean, chlorophyll concentrations are much lower
than in the Atlantic Ocean at similar latitudes and remain
relatively constant all year round. These quite modest and
constant chlorophyll concentrations are explained in models
by the shallow winter mixed layers ensuring significant
standing stocks of phytoplankton and zooplankton during
winter months [Six and Maier-Reimer, 1996; Aumont et al.,
2002]. Modeled concentrations show the same behavior
except in March, where values reach 1.2 mg Chl m�3. Such
a deficiency was already noticed in HAMOCC3.1 [Six and
Maier-Reimer, 1996]. It may be explained by the approx-
imation of André [1990] parameterization we made in
HAMOCC5 that may not be appropriate in this region
where the mixed layer depth is of the order of the euphotic
zone depth.
[29] In the Southern Ocean, the model simulates a band of

very high chlorophyll concentrations along the Antarctic
coast. This bloom remains confined south of 60�S. Such an
homogeneous feature in not present in satellite data, even if
very high levels are observed at some places, mostly in the
Ross and Weddell Seas. Northward, chlorophyll concen-
trations are much lower, generally below 0.3 mg Chl m�3

both in the observations and in the model. A noticeable
exception in the observation is over the Patagonian Plateau
which is not well captured by the model. Possible explan-
ations to this observed feature may be an enhancement of
phytoplankton growth by local mesoscale activity, iron
fertilization by mineral dusts transported from Patagonia
[Duce and Tindale, 1991], or an influence of the Antarctic
Circumpolar Current (ACC) which becomes meridional in
the Southwest Atlantic [Sullivan et al., 1993]. According to
the model results, the second explanation does not seem to
hold as surface waters are not depleted in iron because of
high atmospheric deposition (see Figure 5). In fact, compar-
ison between observed and simulated nutrients concentra-
tions (silicate and phosphate) supports the third possible
mechanism (Figure 5). In particular, the Patagonian Plateau
is characterized by high silicate concentration (above
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5 mmol L�1) advected from the south by the ACC, a pattern
which is not simulated by the model. However, an influence
of mesoscale activity can not be excluded.

3.3. Diatoms Relative Abundance

[30] Figure 4 shows the relative contribution of diatoms
to the total surface chlorophyll, also for May and Novem-
ber. Unfortunately, a global validation of this distribution
is not yet feasible as it is for surface chlorophyll. How-
ever, there is an increasing number of in situ observations
that give information on the taxonomic composition of
phytoplankton biomass. To the first order, the relative
abundance of diatoms follows the patterns of total chlor-
ophyll. This result supports the common idea that large
increase in phytoplankton biomass is generally related to
diatoms blooms. Very low diatoms concentrations are

simulated in the oligotrophic regions with contribution of
generally less than 10%. Such a low abundance has been
observed at the HOT time series station in the North
Pacific subtropical gyre [Scharek et al., 1999]. In oligo-
trophic regions of the Atlantic ocean, higher values are
predicted mostly around 20�N where high atmospheric
deposition of iron originates from the Sahara. A meri-
dional transect performed in the Atlantic ocean has
reported such an increase at this latitude where diatoms
relative contribution rises up to 30% whereas in the rest of
the tropical Atlantic, diatoms are almost absent [Maranon
et al., 2000]. In these data, diatoms contribution also
increases south of 30�S, especially during austral spring,
to values up to 30%.
[31] In the well documented region of the equatorial

Pacific ocean, modest diatom abundance is simulated by

Figure 3. Monthly mean of the chlorophyll distribution (in mg Chl m�3) from SeaWIFS and
HAMOCC5 in May (a and c, respectively) and November (b and d, respectively). Satellite derived data
have been interpolated onto a regular grid with a 3.5� horizontal resolution corresponding to the LSG
model resolution. Isolines are at 0.05, 0.1, 0.15, 0.2, 0.3, 0.4, 0.6, 0.8, 1, 2, 4, and 6. See color version of
this figure at back of this issue.
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the model. The maximum value, slightly more than 20%, is
predicted in the central part of the basin, where the upwell-
ing intensity is maximum bringing thus iron from the
subsurface ocean. This maximum contribution is correlated
to a maximum in chlorophyll concentration (see Figure 3).
Data collected in 1992 during the EqPac cruises show that
in this area, diatoms are almost absent (less than 10%),
suggesting thus that the model overestimates their abun-
dance [Murray et al., 1994]. However, one should keep in
mind that most of the cruises took place during and just
after a warm anomaly associated with a strong reduction in
the magnitude of the equatorial divergence. Some other
estimates based on data collected during other years give
much higher values of up to more than 30% [Buck and
Chavez, 1994; Blain et al., 1997].
[32] According to model results, diatoms constitute a

large fraction of the total phytoplankton biomass during
the phytoplankton bloom in the North Atlantic, even
exceeding 80% in the Norwegian Sea. Observations

generally show that diatoms dominate the phytoplankton
biomass (around 50 to 60%), especially during the early
stage of the bloom. Diatoms proportion tends to increase
northward as suggested by the model [Lochte et al.,
1993]. After this phase, small flagellates become of
increasing importance whereas the diatoms relative con-
tribution declines to less than 20% [Joint et al., 1993;
Savidge et al., 1995]. A similar drop in diatoms abun-
dance can be observed in Figure 4 between 35 and 50�N,
where the simulated bloom occurs in April. This decline
is explained in the model by the exhaustion of silicate in
surface waters. In the North Pacific Ocean, the situation
is very different. Measurements made in the northeast
subarctic Pacific Ocean show that the phytoplankton
biomass is dominated by small autotrophic flagellates
(from 50% to 70%) [Boyd and Harrison, 1999]. The
larger size-class relative contribution is generally below
20% with significant interannual variations, close to the
model predictions.

Figure 4. Monthly mean of the diatoms relative abundance as simulated by HAMOCC5 for (top) May
and (bottom) November. Isolines are at 0.05, 0.1, 0.15, 0.2, and every 0.1 from 0.3 to 1.
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[33] The Southern Ocean can be roughly divided into two
main domains from the model results. South of about 60�S,
predicted phytoplankton biomass is dominated (above 50%)
by diatoms. During austral spring and summer, diatoms
relative abundance may even exceed 80%, mostly along the
Antarctic coast. In situ measurements have also supported
such a large contribution of diatoms, even if strong blooms
of Phaeocystis Antarctica are common in well-mixed sur-
face waters [Wright and van den Enden, 2000]. North of this
60�S limit, contribution from diatoms drops to usually less
than 20%. A noticeable exception is the Indian sector of the
Southern Ocean where diatoms are much more abundant.
This localized maximum is due to enhanced atmospheric
deposition of iron that is transported from Australia and
Africa. Observations support the model predictions and
generally show diatoms relative abundance below 10 to

20% north of 60�S [de Baar et al., 1999]. However, tran-
sects performed across the Polar Front (around 55�S)
indicate higher local chlorophyll concentrations with a
significant contribution from diatoms. This local enhance-
ment in a frontal region may be induced by the injection of
nutrients, most presumably iron, from the subsurface due to
strong mesoscale activity, even if lateral transport from
continental shelves can not be excluded (at least in the
Atlantic) [de Baar et al., 1999]. Because of its coarse
resolution, HAMOCC5 is not able to capture this localized
maximum.

3.4. Nutrients Distribution

[34] Figure 5 present a comparison between simulated and
observed phosphate and silicate concentrations at the sur-
face on an annual mean basis. The simulated large-scale
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Figure 5. Mean surface phosphate concentration (in mmol P L�1 from (a) the NODC database
[Conkright et al., 1994] and (b) HAMOCC5. Isolines are at 0.1 and every 0.2 from 0.2 to 2. Shaded area
is above 0.6. Mean surface silicate concentration (in mmol Si L�1) from (c) the NODC database
[Conkright et al., 1994] and (d) HAMOCC5. Isolines are at 1, 2, 5, 10, 15, and at every 10 from 20 to 70.
Shaded area is above 10.
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patterns are in general agreement with the database con-
structed from observations [Conkright et al., 1994]. In
particular, relative to the previous model HAMOCC3.1,
the phosphate concentration in the equatorial Pacific Ocean
is in better agreement with the observations. The 0.5 mmol
P L�1 isoline now stops at about 170�W instead of 150�E,
thus closer to the observed 160�W. However, the phosphate
distribution in this region is still nearly symmetrical about
the equator whereas in the observation, highest concentra-
tions are found south of the equator in the Peru upwelling.
The too coarse resolution of the LSG model explains such a
deficiency as the model is not able to properly resolve the
coastal upwellings [Toggweiler and Samuels, 1993; Aumont
et al., 1999].
[35] The most prominent deficiency in the model is the

too low phosphate and silicate concentrations in the North
Pacific subpolar gyre. This problem seems to come from
unrealistic representation of the dynamics by the LSG
model which overestimates the stratification and/or under-
estimates the vertical pumping of nutrients to the surface.
In addition, the occurrence in the model of a faulty
moderate bloom of nanophytoplankton in March enhances
the phosphate depletion. However, the latter point should
not be dominant as silicate distribution also exhibits much
too low values in this region. The predicted relative
abundance of diatoms seems to be in the range of the
observed values (see section 3.3). Furthermore, the aver-
age Si

C
simulated in this region is between 0.13 and 0.3,

values that are typical of the subarctic Pacific Ocean
[Wheehler, 1993]. This problematic representation of the
ocean dynamics in the North Pacific subpolar gyre appears
to be typical of global coarse resolution models [Six and
Maier-Reimer, 1996].
[36] Figure 6 displays the annual mean surface distribu-

tion of iron predicted by HAMOCC5. Unfortunately,
despite the increasing number of iron data, a global vali-
dation of the model prediction similar to what we did for

silicate and phosphate is still not feasible. The model
simulates large horizontal gradient of iron at the surface.
Largest values, that may exceed 1 nM, are predicted in
regions of intense dust deposition, mainly the Arabian Sea
and the eastern subtropical North Atlantic Ocean. However,
these large iron concentrations are not advected far away
from these areas, as scavenging and biological production
remove iron quickly from surface waters. A cruise per-
formed recently across the Atlantic Ocean from about 50�N
to about 40�S has found iron concentrations of up to 0.4 nM
near the Canary Islands whereas south of about 10�N, iron
levels drop below 0.1 nM (S. Blain, personal communica-
tion, 2000). Relatively large iron concentrations are also
simulated in the high latitudes of the North Atlantic Ocean
and along the Antarctic Coast as a result of deep winter
mixing. In the Southern Ocean, observations have shown
such an increase toward the Antarctic Coast where concen-
trations of about 0.6 nM have been reported [Sohrin et al.,
2000]. In the rest of the ocean, predicted iron concentrations
are quite low, typically below 0.1 nM.
[37] The vertical iron structure predicted by the model is

compared to observations at six stations selected from the
database released by Johnson et al. [1997] (Figure 7). In the
top thousand meters of the ocean, the predicted vertical
gradient of iron is systematically overestimated. A possible
explanation for this flaw could be a too shallow release of
iron by remineralization of the organic matter. However, a
comparison of the phosphate and silicate profiles at the
same stations shows a similar problem. With a different
biogeochemical model but the same ocean model (except
for the vertical resolution), Archer and Johnson [2000] also
noticed this bias in the thermocline. In fact, such a defi-
ciency highlights the limits of the coarse resolution ocean
circulation model, especially because the vertical diffusivity
in the thermocline is too strong. However, as given by
Archer and Johnson [2000], the ratio of iron to phosphate in
the subsurface waters is not significantly different from the

Figure 6. Annual mean surface concentration of Iron (in nM) from HAMOCC5. Isolines are at 0.05,
0.1, at every 0.1 from 0.1 to 0.6, and at every 0.2 from 0.6 to 1.2. Shaded areas denote concentrations
above 0.4 nM.
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observations. The latter ratio determines which of these
nutrients is the most limiting for phytoplankton growth.

4. Discussion

4.1. Colimitations by Fe, P, and Si

[38] The validation of HAMOCC5 with available obser-
vations has shown that this model is able to correctly
simulate the main characteristics of the ocean biogeochem-
istry. This suggests that the main processes controlling the
biological production are correctly resolved, given the
deficiencies in the ocean dynamics simulated by coarse-
resolution models. In particular, the model is able to
reproduce the HNLC areas, except for the subarctic North

Pacific Ocean, where an unrealistic modeled ocean dynam-
ics leads to erroneous results. Thus, using HAMOCC5, one
may try to determine on the global scale the regional and
temporal distribution of the limitations by the different
modeled limiting nutrients.
[39] Figure 8a shows the temporal occurrence of the

limitations by the three different nutrients over the global
ocean for nanophytoplankton. As nanophytoplankton does
not need silicate to grow, this nutrient is of course never
limiting. Three main biogeochemical regimes can be dis-
tinguished from this distribution of the nutrients limitations.
First, in the oligotrophic regions, mainly the subtropical
gyres, nanophytoplankton growth is limited by phosphate.
As the model does not distinguish between nitrate and

Figure 7. Vertical profiles of iron (in nM) from data (pluses) and from HAMOCC5 (solid line) at (a)
NABE 47N (47�N, 20�W) in May, (b) NABE 59N (59�N, 20�W) in June, (c) Drake Passage (61�S,
60�W) in March, (d) Eqpac (0�N, 140�W) in Spring-Fall, (e) VertexVII station 7 (50�N, 145�W) in
August, and (f) Vertex VI station T3 (31�N, 146�W) in September.
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phosphate, it is not possible to infer from model results
which one of these two nutrients is the most limiting.
Second, in the main HNLC areas, i.e., the equatorial Pacific
ocean, the Southern Ocean and the subarctic North Pacific
Ocean, iron is limiting nanophytoplankton growth. Finally,
in the high latitudes, generally poleward of 60�, light
limitation becomes dominant. This latitudinal limit corre-
sponds approximately to the maximal extent of the sea ice
cover. However, light limitation is also acting equatorward
of this limit, in the North Atlantic, in the western part of the
North Pacific and in the Indian sector of the Southern Ocean
where the predicted mixed layer depth is very deep during
winter time.
[40] Thus, for nanophytoplankton, the regional distribu-

tion of the nutrients limitations agrees well with the now
well-accepted theory that HNLC areas are explained by
iron limitation. Light limitation plays also an important
role, especially in the Southern Ocean. However, the
magnitude of the iron limitation in the HNLC areas, which
is given by the value of the Michaelis-Menten function, is
generally significantly less severe than the phosphate
limitation in the traditional oligotrophic regions. More
than the lack of iron, grazing pressure exerted by micro-
zooplankton is mainly preventing nanophytoplankton from
reaching important concentrations. Almost everywhere,
except in the very oligotrophic parts of the subtropical
gyres (their center), nanophytoplankton growth rate is
balanced by loss rate due to microzooplankton grazing
throughout the year (Figure 9). Consequently, nanophyto-
plankton biomass is relatively constant to about 0.1–0.2
mg Chl m�3 with only moderate seasonal variations,
especially compared to diatoms. This tight coupling
between nanophytoplankton and microzooplankton is
explained by similar doubling rates and is a general feature
of oligotrophic and HNLC systems [Verity et al., 1996;
Landry et al., 2000].
[41] The largest chlorophyll concentrations associated

with the nanophytoplankton size class are reached in the
high latitudes with typical values around 1 mg Chl m�3.
This has to be compared with diatoms blooms which often
exceed 2 mg Chl m�3 in HAMOCC5. This relatively
modest seasonal increase in nanophytoplankton biomass is
consistent with observations [Gifford et al., 1995]. How-
ever, these values are yet above those found at low latitudes
where typical nanophytoplankton concentrations are below
0.3 mg Chl m�3. Thus, some uncoupling between nano-
phytoplankton growth and grazing pressure by microzoo-
plankton is not impossible, at least in high latitudes after
deep winter mixing.

[42] Figure 8b shows the regional distribution of nutrient
colimitations for diatoms predicted by HAMOCC5. The
general patterns are similar to those for nanophytoplankton
with the exception of the North Atlantic and some parts of
the frontal zones in the Southern Ocean where silicate
limitation is dominating. Nutrients limitation is always
stronger for diatoms than for nanophytoplankton. It reflects
the lower affinity diatoms have for nutrients because of
their lower surface/volume ratio which is represented in
HAMOCC5 by higher half-saturation constants (see Table 3)
[Sakshaug and Holm-Hansen, 1977]. This stronger control
by nutrients availability explains the small contribution of
diatoms to the total phytoplankton biomass in oligotrophic
areas with small seasonal variability (oligotrophic in the
sense that one nutrient is missing, either silicate, phosphate
or iron).
[43] Unlike nanophytoplankton, diatoms may undergo

strong increase in their biomass. The main regions where
those blooms are observed are the North Atlantic Ocean
north of 40�N [Ducklow et al., 1993] and some parts of the
Southern Ocean, especially in the marginal ice zones
[Mitchell et al., 1991]. During these sudden explosions of
phytoplankton biomass, which frequently exceeds 2 mg Chl
m�3, phytoplankton assemblages are often, but not always,
dominated by diatoms [e.g., Joint et al., 1993; Lochte et al.,
1993]. The model explains the dominance of the larger
species during these blooms by size-differential grazing.
Because of their rapid doubling rates, microzooplankton
keeps in control nanophytoplankton when favorable con-
ditions are met. On the other hand, because of their lower
growth rates, mesozooplankton is not able to control the
development of large phytoplankton (see Figure 9). Such an
inefficient grazing pressure by mesozooplankton on diatoms
has been observed in situ in the North Atlantic Ocean
[Morales et al., 1991; Dam et al., 1993] and in the Southern
Ocean [Froneman et al., 2000]. Furthermore, a possible
control by the rapidly growing microzooplankton is not
likely to occur as they primarily graze on small phytoplank-
ton [Dagg, 1993; Gifford et al., 1995]. Such a differential
size-grazing pressure on phytoplankton has been also pro-
posed to explain the diatoms-dominated increase in phyto-
plankton biomass during the IRONEX II experiment in the
eastern equatorial Pacific [Landry et al., 2000].
[44] In the North Atlantic, the termination of the strong

spring bloom of diatoms is explained in HAMOCC5 by
silicate deficiency, as shown in Figure 8b. Such a control of
the magnitude and the duration of the diatom bloom by
silicate availability has been confirmed by in situ observa-
tions which show that silicate is the first macro-nutrients to

Figure 8. (opposite) Nutrient colimitations of (a) nanophytoplankton and (b) diatoms by the three modeled nutrients. The
colors denote the temporal occurrence of the limitation by the different nutrients. Thus a full yellow color means that the
ecosystem is limited by phosphate all year long. A mix of two different colors means that over the year, the ecosystem is
limited by two different nutrients. The limiting nutrient is computed from LP,D (see Table 2). The intensity of the colors is
modulated to give extra-information both on the magnitude of the nutrient limitations and on the light limitation. Paler
colors mean that during part of the year, biological production is either not limited by nutrients or is light limited.
Phytoplankton growth is considered to be light limited when the convective depth is deeper than 100 m. Furthermore, the
three modeled nutrients are considered not to be limiting when the Michaelis-Menten function is larger than 2/3. These
maps have been computed from monthly mean fields. See color version of this figure at back of this issue.
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be exhausted from the euphotic zone. Consequently, the
phytoplankton community undergoes a shift from diatoms
to flagellates dominant species [Sieracki et al., 1993; Dale
et al., 1999]. Such a preferential uptake of silicate over that
of other macro-nutrients is also observed in the Southern
Ocean across the Polar Frontal Zone [Treguer and van
Bennekom, 1991; Dafner and Mordasova, 1994] as well
as it is predicted by the model (Figure 5).
[45] Several explanations have been proposed to explain

this more severe depletion in silicic acid relative to phos-
phate and nitrate: low dissolution rate of biogenic silica, a
preferential ammonium uptake and iron limitation which
has a stronger impact on phosphate and nitrate uptake rate
[Kamykowski and Zentara, 1989; Franck et al., 2000].
Except for the potential effect of ammonium which is not
explicitly modeled, the model is consistent with these
explanations. In the North Atlantic, about 50% of the
phosphate used by diatoms is recycled within the euphotic
zone whereas almost all the biogenic silica is exported into
the deep ocean. There is only a small impact of iron just at
the termination of the bloom as this nutrient is generally
sufficient in this region due to high dust deposition and
intense winter mixing. In the Southern Ocean, the role of

iron is more critical. The more severe reduction in phos-
phate assimilation by iron deficiency, which results in high
Si/C ratios in diatoms, increases the overconsumption of
silicate over phosphate. However, except near Australia,
silicate is not limiting diatom growth in the Southern Ocean
in HAMOCC5. Such result is not consistent with observa-
tions which show evidence of silicate limitation on the north
side of the Polar Front [Jacques, 1983; Boyd et al., 1999].
An iron maximum is often observed in the Polar Front,
probably due to local enhancement of vertical supply by
mesoscale activity [de Baar et al., 1995, 1999]. Because of
its coarse resolution, such maximum can not be resolved by
HAMOCC5, which simulates an overall iron limitation for
diatoms growth instead of an expected silicon limitation.

4.2. Iron Budget

[46] About 20% of the surface ocean is characterized by
typical HNLC conditions. Our model results support the
now well accepted hypothesis that biological production is
generally limited in these areas by iron availability, despite
light and silicon may also be important, especially in the
Southern Ocean. Such a limitation suggests that over large
regions of the global ocean, the supply of iron is controlling

Figure 9. Annual mean amount of primary productivity lost by grazing for (a) nanophytoplankton and
(b) diatoms. Shaded areas denote values higher than 40%. Isolines are at 0.05 and every 0.1 from 0.1 to 1.
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the magnitude and the variability of the ocean primary
production. Furthermore, because diatoms are more sensi-
tive to iron levels than smaller phytoplankton, the rate of
iron supply is critical not only for the primary production
but also for the efficiency of the biological pump to export
carbon to the deep ocean. Thus, an increase in the iron
supply would lead to a larger export production and a more
phosphate-controlled system, until a limit is reached set by
the total supply of phosphate to the euphotic zone [Archer
and Johnson, 2000].
[47] Using HAMOCC5, we have estimated the iron

budget in the euphotic zone (the top 100 m of the ocean
model, Figure 1). 18 � 109 mol Fe yr�1 are assimilated by
phytoplankton to sustain primary productivity. Thus, for the
global ocean, the average Fe

C
for phytoplankton is estimated

to about 5.1 � 10�6 mol.mol�1 by HAMOCC5. Using a
model and observations, Fung et al. [2000] have estimated
the global assimilation of Fe to be about 12 � 109 Fe yr�1

for the open ocean. This substantially lower value is mostly
due to their use of a smaller Fe

C
for phytoplanktonic cells, on

average about 4 � 10�6 mol.mol�1. This significant differ-
ence between the two estimates highlights the uncertainties
on the values taken by this ratio.
[48] From the global budget for iron displayed in Figure

1, one would be tempted to infer the relative contribution
of atmospheric deposition and ocean transport to sustain
the phytoplankton demand for iron. However, the net
injection of iron to the top 100 m of the ocean from the
subsurface (3.5 � 109 Fe yr�1 according to HAMOCC5)
may underestimate the relative role of the ocean transport
by including a downward transport of atmospheric iron. To
correct for that potential vertical transport of atmospheric
iron, we have performed a new simulation. In that addi-
tional run, dissolved iron has been split into two compo-
nents corresponding to the two different sources. Both
components experienced the same processes except that
ocean iron also includes local regeneration whereas atmos-
pheric iron is only supplied from aeolian deposition.
According to that experiment, 0.15 � 109 mol Fe yr�1

of atmospheric iron is transported downward into the deep
ocean. Consequently, 3.65 � 109 mol Fe yr�1 of the new
iron taken up by phytoplankton is supplied by the ocean
transport. The latter supplies about 75% of the new iron to
the euphotic zone, instead of the 70% deduced from
Figure 1.
[49] The prediction of HAMOCC5 for the relative con-

tribution of the two considered sources of new iron is within
the range (70–80%) given by Archer and Johnson [2000]
and Moore et al. [2002a]. The net upward input of new iron
predicted by HAMOCC5, 3.65 � 109 mol Fe yr�1, is also
very close to the about 3.4 � 109 mol Fe yr�1 found by
Archer and Johnson [2000]. Comparison with the budget
proposed by Moore et al. [2002a] is rather difficult to
perform as their estimate is computed for the surface mixed
layer which may be either much deeper or much shallower
than the 100m we chose here. However, all the model-based
studies suggest that the ocean plays a dominant role in the
iron budget. On the other hand, our estimate is about six
times larger than the 0.7 � 109 mol Fe yr�1 computed by
Fung et al. [2000]. Thus, why is there such a difference

between the fully model-based approaches (like in our
study) and the data-based estimate of Fung et al. [2000]?
[50] Most of the difference between the model-based and

data-based approaches is explained by the magnitude of the
vertical supply of new iron by the ocean dynamics. The
regional distribution of this vertical supply as predicted by
HAMOCC5 is displayed in Figure 10. This transport
includes advection, diffusion and convection. It may be
directly compared to Plate 1 of Fung et al. [2000].
HAMOCC5 predicts a total upward transport of new iron
of 4.5 � 109 mol Fe yr�1 into the top 100 m of the ocean.
The downward transport of iron is not negligible and is
estimated to 1 � 109 mol Fe yr�1 by HAMOCC5, of which
15% is originating from the atmosphere (see above). Thus,
about 17% of the total new iron supplied by the ocean and
the atmosphere is transported out of the euphotic zone by
the ocean circulation. For comparison, the ratio of the
downward to upward transport is about 40% for phosphate.
Thus, the iron uptake is much more efficient than the
phosphate uptake.
[51] Our predicted vertical supply of iron differs from

that of Fung et al. [2000] mostly in the high latitudes and
in the equatorial Pacific ocean. In the high latitudes,
HAMOCC5 predicts a vertical input of new iron that
often exceeds 20 mmol Fe m�2 yr�1 whereas in work by
Fung et al. [2000], it is generally below 10 mmol Fe m�2

yr�1 (except for some areas near Iceland in the North
Atlantic). In those regions, more than half of the transport
simulated by HAMOCC5 is related to winter convection
and diffusion. The treatment of winter mixing is very
different in the two studies. In HAMOCC5, a one pass
convective adjustment is applied whereas in work by Fung
et al. [2000] a vertical diffusivity coefficient of at most
1 cm2 s�1 is prescribed. The latter approach induces a
much less vigorous vertical mixing than the convective
algorithm used in HAMOCC5. Numerical experiments
performed with explicit parameterizations of the oceanic
vertical mixing lead to typical vertical diffusivity coeffi-
cients that are several orders of magnitudes larger than
1 cm2 s�1 [Gaspar et al., 1990]. Consequently, the data-
based study may have largely underestimated the contri-
bution of vertical mixing in the high latitudes to the global
vertical input of new iron in the photic zone from the
subsurface.
[52] In HAMOCC5, convection brings to the surface

about 1.1 � 109 mol Fe yr�1, about 60% more than the
total vertical supply of new iron from the deep ocean
estimated by Fung et al. [2000]. Moore et al. [2002a] also
found that vertical mixing in the high latitudes contributed
strongly to the injection of new iron to the surface. In fact,
they found an input of 13 � 109 mol Fe yr�1, that is more
than 10 times our estimate. The difference is most likely
explained by the vertical extent of the domain on which the
iron budgets are computed. [Moore et al., 2002a] estimated
the inputs of iron for the complete surface mixed layer,
which may be more than 500 m deep, whereas we restricted
our computation to the top 100 m of the ocean. Further-
more, they have artificially increased the subsurface iron
concentrations in the North Atlantic, a region where winter
mixing is very intense.
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[53] In the equatorial Pacific ocean, our estimate and that
of Fung et al. [2000] of the upwelled/entrained supply of
new iron diverge to a large degree. In HAMOCC5, the
upward flux exceed 50 mmol Fe m�2 yr�1 in the central
basin whereas according to Fung et al. [2000], this flux is
about 5 times lower. For instance, at 140�W, Fung et al.
[2000] estimated a flux of about 12 mmol Fe m�2 yr�1 at the
base of the photic zone while HAMOCC5 predicts an input
of 68 mmol Fe m�2 yr�1. At this location, Gordon et al.
[1997] have constructed a simple one-dimensional model
based on observations to compute iron fluxes into the
euphotic zone. They estimated the upward flux of iron to
44 ± 13 mmol Fe m�2 yr�1 at 120 m. This value is about
40% lower than what HAMOCC5 predicted. On the other

hand, according to Gordon et al. [1997], Fung et al. [2000]
may have underestimated this flux by a factor of 4.
[54] We believe that our estimate probably represents

an upper limit. First, the modeled vertical gradients of
dissolved iron are generally overestimated in the thermo-
cline (Figure 7). Thus, subsurface iron concentrations are
too elevated compared to observations. Such deficiency
may partly explain why our estimate is significantly
larger than that of Gordon et al. [1997] in the equatorial
Pacific. Second, predicted winter convection may be too
intense in the Southern Ocean. The LSG model simulates
along the Antarctic Coast convection that typically rea-
ches the bottom of the ocean during winter time whereas
observations confine such a deep convection to localized

Figure 10. Annual mean global distribution of (a) total dissolved iron supplied into the top 100 m of the
ocean by advection, diffusion and convection as predicted by HAMOCC5 and (b) the ratio of
atmospheric fluxes of new iron to the total supply of new iron by the ocean and the atmosphere into the
top 100 m of the ocean. Unit of Figure 10a is mmol Fe yr�1.
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areas of the Antarctic Ocean, mainly the Ross and
Weddell Seas [Killworth, 1983]. On the other hand, the
estimate proposed by Fung et al. [2000] might be a
lower limit as (1) vertical diffusion coefficients are too
low in the high latitudes and (2) comparison with the
computation by Gordon et al. [1997] suggests that their
upward flux is too small in the equatorial Pacific. Thus,
we propose 0.7–4.5 � 109 mol Fe yr�1 as a range for
the upwelled/entrained flux of iron into the euphotic zone
(i.e. the top 100 m of the ocean). This sets the relative
contribution of the ocean to 33–75% if only the ocean
and the atmosphere are considered as potential sources of
new iron for the marine primary productivity and if a 1%
solubility is assumed for depositing dust. The ocean
supplies then a large proportion of the phytoplankton
demand for iron.
[55] Quantifying the uncertainties associated with our

budget is rather difficult. These uncertainties have been
already identified by Fung et al. [2000] in their conclusion.
The major problem comes from our ignorance of the iron
biogeochemistry in the ocean and from the poor coverage of
iron measurements. For instance, the magnitude and the
regional patterns of iron deposition are still largely uncertain
as illustrated by the comparison from different estimates
based on atmospheric models or data [see Archer and
Johnson, 2000, Figure 3]. Furthermore, the magnitude of
the delivery of iron from coastal zones has been proved to
be important even in the open ocean [Blain et al., 2001].
That input has been ignored up to now in global studies of
the iron cycle, including our work. Another uncertainty is
the coarse spatial and temporal resolution of the world
ocean models which prevents them from correctly repre-
senting small-scale dynamics structures like mesoscale
eddies or coastal upwellings. Several case or regional
studies have shown that intense vertical velocities associ-
ated with mesoscale meanders and eddies significantly
enhance the vertical supply of nutrients and then the bio-
logical activity [e.g., Lévy et al., 1998; Oschlies and
Garçon, 1998; McGillicuddy et al., 1998]. Such a study is
still to be done on the global scale.

4.3. Sensitivity Experiments

[56] The model solution we present here of course
depends highly on the parameterizations we assumed for
modeling biological processes and on the set of parameters
we assigned to those parameterizations. These choices we
made for HAMOCC5 are based mostly on the literature.

However, some preliminary simulations were necessary to
adjust the parameters in order to achieve a reasonable
solution. It would be interesting to understand how sensitive
that solution is to our choices. However, a complete
sensitivity study is out of range considering the very large
computing cost the numerous necessary runs to equilibrium
would demand. Furthermore, such analyses on parameter
dependence have been already performed with 1-D bio-
logical models which are conceptually similar to
HAMOCC5 [Pondaven et al., 1999; Leonard et al.,
1999]. These studies show that the models are most sensi-
tive to phytoplankton and zooplankton closure terms,
mainly the grazing and mortality rates.
[57] We have focused our sensitivity study on the

parameterizations we introduced to model the iron and
the silicon cycles and their effects on biological produc-
tion. The tests we performed are summarized in Table 4.
The model was most sensitive to iron parameterizations
(Table 4). Such result is not surprising as iron is limiting
diatom growth over about 40% of the global ocean in
HAMOCC5 whereas silicate limitation is dominating only
in the North Atlantic and in some small regions of the
Southern Ocean representing about 5% of the world ocean.
This sensitivity highlights the needs for a better under-
standing of the processes controlling the iron biogeochem-
istry. This is especially critical for the Fe

C
for phytoplankton

and the solubility of deposited iron, both leading to the
largest changes in model results. Nevertheless, our model
may underestimate the role of silica as the simulated extent
of Si-limited areas is probably underestimated in the
Southern Ocean (see section 4.1).
[58] Results from the several sensitivity experiments we

performed exhibit an interesting behavior: A relief from
iron or silicon stress induces an overall decrease in total
primary production. At first, one would have expected
exactly the opposite. A weaker iron or silicon limitation
benefits mainly to diatoms whose global abundance
increases. But this fertilizing effect on diatoms is more
than balanced by a decrease in nanophytoplankton primary
production. In fact, the larger diatom-based biological
activity results in a more efficient export of organic matter
into the deep ocean (see Figure 11b). Thus surface waters
are more exhausted in phosphate and the extent of
oligotrophic areas is increasing. Such an inverse relation-
ship between iron stress and the sea surface phosphate
inventory was shown by Archer and Johnson [2000] in
their sensitivity experiments on atmospheric deposition of

Table 4. Results of Sensitivity Analysisa

Experiment Parameter Value Total Primary Production Percent Diatoms Export Production BSi Export

Standard 42.6 19 9.2 106
Constant scavenging rate 0.005 41.4 24 9.6 108
Constant 5 � 10�6 40.9 29 10 112
Light independent 41.6 22 9.4 109
Increased iron solubility 0.1 39.5 33 10.2 112
Constant 0.13 42.4 20 9.3 85
Constant KD

Si 1 42.5 20 9.3 108

aAll numbers are globally integrated annual mean values. Primary production and export production are in Gt C yr�1.
Biogenic Silica export (BSi export) is in Tmol Si�1. % Diatoms refers to the relative contribution of diatoms to the total
primary production. Export is referenced to the bottom of the productive zone (100 m).
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iron and on the bioavailability of deposited iron (their Figures
8 and 9). The increased oligotrophy of surface waters of the
world ocean explains the weaker nanophytoplankton primary
production.
[59] In Figure 11, we have displayed the time evolution of

the global primary and export productions after switching
the solubility of deposited iron from the standard 1% to
10%. The first year, the total primary production jumps to
its maximum value of 45.1 GtC yr�1, that is 6% more than
in the standard run. Afterwards, primary production
decreases as phosphate becomes more exhausted from sur-
face waters due to a more intense export production. By
year 12, primary production falls below the 42.6 GtC yr�1

simulated in the standard model. Export production exhibits
a similar behavior with a strong increase the first year
followed by a slow decline. Nevertheless, the steady-state
value to which export production tends is significantly
higher than in the standard simulation. With their model,
Moore et al. [2002a] have conducted similar experiments on
iron solubility. Performing 3-year-long sensitivity runs, they
have concluded that increased iron supply should result
both in an enhanced primary and export production. Our
tests suggest that these runs are much too short and give
only an answer on the short-term response of the ocean that
may be very different from the longer-term trend.

5. Conclusions

[60] We have presented results from a coupled biological-
physical model of the world ocean. The biological model,
HAMOCC5, includes two compartments for phytoplankton
and two compartments for zooplankton. In addition to
phosphate, potential limitation of phytoplankton growth
by silicate and iron has been considered as these nutrients

may play a critical role in HNLC regions. A single set of
parameters is used over the global domain. The model is
generally able to reproduce the general patterns of surface
chlorophyll and major nutrients. In particular, low surface
chlorophyll concentrations are predicted over two of the
three major HNLC regions, i.e. the equatorial Pacific and
the Southern Ocean. This is an improvement in comparison
with previous modeling studies using simpler biological
schemes [Six and Maier-Reimer, 1996; Aumont et al., 2002;
Palmer and Totterdell, 2001]. However, in the North
Pacific, HAMOCC5 largely underestimates the average
levels of phosphate and silicate, mainly because of a faulty
representation of the ocean dynamics.
[61] The model explains the low chlorophyll concentra-

tions observed in HNLC regions by the lack of iron which
prevents diatoms from growing. Nanophytoplankton is kept
in control by an efficient grazing by microzooplankton.
Thus, this result supports the traditional hypothesis that in
HNLC areas, in particular in the equatorial Pacific, phyto-
plankton is both limited by iron and grazing. Areas limited
by silicate availability encompass only 5% of the world
ocean in HAMOCC5. However, this extent is certainly
underestimated as observations have shown wide silicon
limitation North of the Polar Front in the Southern Ocean, a
pattern largely missing in our model results.
[62] The predicted global iron budget can be characterized

as follows. Phytoplankton consumes about 18 � 109 mol Fe
yr-1 corresponding to a mean Fe

C
of 5.1 � 10�6 mol.mol�1

very close to the 5 � 10�6 mol.mol�1 estimated by Johnson
et al. [1997] from observations. We neglected potential
iron input from coastal zones because of the too coarse
resolution of the dynamic model and because of the uncer-
tainties in the coastal input and processes. The total
upward supply of iron by ocean circulation is evaluated to

Figure 11. Time evolution of the globally integrated annual (a) primary production and (b) export
production after switching the solubility of deposited iron from 1% to 10%.
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4.5 � 109 mol Fe yr�1 whereas atmospheric deposition
brings 1.4 � 109 mol Fe yr�1 to phytoplankton assuming a
1% solubility for dust-iron. About 1 � 109 mol Fe yr�1 is
transported back to the sub-surface without having being
assimilated by phytoplankton. Thus, the ocean carries with
it about 75% of the phytoplankton demand for new iron.
This finding is in agreement with the studies by Archer and
Johnson [2000] and Moore et al. [2002a] and much higher
than the 7–40% estimated by Fung et al. [2000].
[63] This study is of course spoilt by many uncertainties.

A sensitivity analysis conducted onto the parameterizations
we assumed for the silicon and iron cycles has shown that
the model results are mostly sensitive to our lack of knowl-
edge for the biogeochemistry of iron. Furthermore, it has
revealed a rather interesting inverse relationship between
the intensity of the iron stress and the global total primary
production. An increased iron supply induces a decline in
primary production because the higher export production
resulting from a larger diatoms abundance produces a larger
spatial extent of oligotrophic areas. Fung et al. [2000] have
listed in their conclusion a number of priorities that should
help to better understand the iron cycle in the upper ocean.
We strongly support them.
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Tréguer, P., D. M. Nelson, A. J. Van Bennekom, D. J. DeMaster, A. Ley-
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Iroise, Place Copernic, F-29280 Plouzané, France. (blain@univ-brest.fr)
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Figure 3. Monthly mean of the chlorophyll distribution (in mg Chl m�3) from SeaWIFS and
HAMOCC5 in May (a and c, respectively) and November (b and d, respectively). Satellite derived data
have been interpolated onto a regular grid with a 3.5� horizontal resolution corresponding to the LSG
model resolution. Isolines are at 0.05, 0.1, 0.15, 0.2, 0.3, 0.4, 0.6, 0.8, 1, 2, 4, and 6.
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Figure 8. (opposite) Nutrient colimitations of (a) nanophytoplankton and (b) diatoms by the three modeled nutrients. The
colors denote the temporal occurrence of the limitation by the different nutrients. Thus a full yellow color means that the
ecosystem is limited by phosphate all year long. A mix of two different colors means that over the year, the ecosystem is
limited by two different nutrients. The limiting nutrient is computed from LP,D (see Table 2). The intensity of the colors is
modulated to give extra-information both on the magnitude of the nutrient limitations and on the light limitation. Paler
colors mean that during part of the year, biological production is either not limited by nutrients or is light limited.
Phytoplankton growth is considered to be light limited when the convective depth is deeper than 100 m. Furthermore, the
three modeled nutrients are considered not to be limiting when the Michaelis-Menten function is larger than 2/3. These
maps have been computed from monthly mean fields.
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